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SUMMARY 

The ocean’s biological pump plays a notable role in regulating CO2 levels and climate. 

During the Last Glacial Maximum (LGM), a period 23 ka – 19 ka, atmospheric CO2 was 

significantly lower than the pre-industrial, potentially due to an increase in the biological 

pump efficiency. Oxygen and preformed phosphate reconstructions can provide insight to 

changes in the biological pump efficiency.  

In Chapter 1, I quantified preformed phosphate (Ppre,AOU) and preformed δ13C 

(δ13Cpre,AOU) of LGM bottom waters using a compilation of published paleo-temperature, 

nutrient, and oxygen estimates from benthic foraminifera. Our results show that preformed 

phosphate of the Pacific and Indian deep oceans was significantly reduced and suggest that 

much of the Glacial-Interglacial CO2 drawdown resulted from changes in the ocean’s 

biological pump efficiency.  Preformed δ13C show similar results. The reconstructed LGM 

Ppre,AOU and oxygen are qualitatively consistent with the changes produced by a suite of 

numerical sensitivity experiments that roughly simulate three proposed mechanisms for an 

increase in LGM biological pump efficiency: an increase in biological activity, a decrease 

in wind-driven upwelling, and an increase in stratification in the Southern Ocean.  

In Chapter 2, I present a combination of paleo-oxygen estimates derived from the 

difference in δ13C of two species of benthic foraminifera, along with previously published 

paleo-nutrient estimates obtained through Cd/Ca measurements of benthic foraminifera in 

both the South Indo-Pacific and Eastern Equatorial Pacific regions. Our results show a 

parallel reduction in deep ocean oxygen and phosphate levels at both sites, indicating an 

increase of respired carbon in the deep Pacific and a decrease in preformed phosphate. 



  

 

However, the oxygen and phosphate gradient between these two sites remained unchanged 

during the LGM compared to modern, suggesting no significant alterations in deep ocean 

circulation or productivity in the South Pacific. This insight supports the notion that the 

Southern Ocean played a central role in Atmospheric CO2 drawdown through increase 

nutrient utilization, leading to the observed decrease in oxygen and phosphate in the deep 

South Indo-Pacific and Eastern Equatorial Pacific.  Additionally, we expanded the ∆δ13C 

paleo-oxygen proxy calibration to 31 cores.  

In Chapter 3, I reconstructed oxygen at three depths within or near the Benguela 

Upwelling System in the southeast Atlantic using the updated ∆δ13C paleo-oxygen proxy 

calibration from chapter 2. Our results provide evidence of a deepening of the Oxygen 

Minimum Zone (OMZ) during the LGM. This is marked by a significant increase in oxygen 

levels at the shallowest core site, juxtaposed with a significant reduction oxygenation level 

noted at the deeper site. The notable rise in oxygen levels at the shallowest site cannot be 

solely attributed to higher oxygen saturation or increased productivity, indicating a shift in 

ocean circulation and/or the OMZ structure is required.  

In Chapter 4, I conclude with a discussion on what questions remain on reconstructing 

oxygen, preformed phosphate, and preformed δ13C.
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CHAPTER 1. PROXY-BASED PREFORMED PHOSPHATE 

ESTIMATES POINT TO INCREASED BIOLOGICAL PUMP 

EFFICIENCY AS PRIMARY CAUSE OF LAST GLACIAL 

MAXIMUM CO2 DRAWDOWN 

(Previously published as: Vollmer, T.D., Ito, T., and Lynch-Stieglitz, J. (2022) Proxy-

Based Preformed Phosphate Estimates Point to Increased Biological Pump Efficiency as 

Primary Cause of Last Glacial Maximum CO2 Drawdown. Paleoceanography and 

Paleoclimatology, 37, 11, DOI: https://doi.org/10.1029/2021PA004339) 

1.1 Introduction 

In the last 2.5 million years, the Earth’s climate has been characterized by the quasi-

periodic growth and decay of continental ice sheets. These glacial-interglacial cycles are 

driven by changes in the distribution of solar insolation, modulated at several dominant 

frequencies associated with the oscillations of the Earth’s orbital parameters. Mechanisms 

linking the orbital parameters to the glacial climate must involve a nonlinear response and 

positive feedbacks that amplified the orbital forcing. One of the major mechanisms that 

amplified the orbital forcing is the CO2 feedback. Polar ice core records have revealed a 

coupling between the late Pleistocene glaciation and atmospheric carbon dioxide changes 

of O(100) ppm (EPICA community members, 2004; Petit et al., 1999). This paper aims to 

better quantify and understand the causes of the lower atmospheric CO2.  



 

 

 

2 

There have been a variety of mechanisms put forth that may contribute to the glacial 

drawdown of atmospheric carbon dioxide, including changes in: the ocean’s solubility 

pump, the ocean’s biological pump, the terrestrial carbon inventory, the ocean’s air-sea 

disequilibrium, and the carbonate compensation mechanism (Khatiwala et al., 2019; 

Sigman et al., 2010). Previous studies show that changes in the ocean’s temperature, 

salinity, and the terrestrial carbon inventory contribute a minor opposing role in the glacial 

drawdown of CO2 (Sigman et al., 2010; Sigman & Boyle, 2000). The expected cooler 

ocean temperatures during the LGM led to higher concentrations of dissolved CO2 in the 

glacial ocean, contributing to a drawdown of atmospheric CO2. Counteracting this, more 

saline waters led to lower concentrations of dissolved CO2 in the glacial ocean, contributing 

to a release of CO2 to the atmosphere. However, these combined effects are minor 

compared to the overall drawdown we see from ice core records. Additionally, previous 

studies suggest lower forest coverage during glacial periods, corresponding to a release of 

CO2 to the atmosphere.  However, estimates on how much of a release are highly uncertain 

(Ciais et al., 2012; Peterson et al., 2014; Sigman & Boyle, 2000). Overall, this suggests 

that changes in the ocean’s biological pump efficiency and the attendant changes in air-sea 

exchange of carbon in deep water formation regions (hereafter jointly referred to as 

“biological pump efficiency”), along with the carbonate compensation mechanism, are 

potential leading causes for the drawdown of atmospheric CO2 during the LGM.    

The biological pump is the process by which production of organic matter in the 

surface ocean and remineralization of sinking organic matter at depth sequesters carbon in 
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the deep ocean. The efficiency of the biological pump depends not only on the downward 

flux of organic carbon but also on the retention of remineralized carbon in the deep ocean. 

Volk & Hoffert (1985) first defined the metric for the biological pump as the vertical 

gradient of Dissolved Inorganic Carbon (DIC) as it measures the storage of biologically 

sequestered carbon in the deep water. Early box model studies also identified the polar 

surface nutrient concentrations as a key metric for the efficiency of the biological pump 

(Knox and McElroy 1984, Sarmiento and Toggweiler 1984, Siegenthaler and Wenk 1984) 

where the equilibrium atmospheric pCO2 is linearly proportional to the polar surface 

nutrient concentrations. Polar surface phosphate concentrations are closely related to the 

preformed phosphate of deep waters, defined as the phosphate concentration when the 

water was last in contact with the atmosphere. The biological carbon storage and the 

preformed phosphate inventory are stoichiometrically related. Ito & Follows (2005) and 

Marinov et al. (2008) showed that the equilibrium atmospheric pCO2 is proportional to the 

global preformed phosphate with a predictable relationship as ∆pCO2
atm [ppm] ∼ 136 

∆PO4,pre [µM] where PO4,pre is the change in global mean preformed phosphate. These 

studies did not include any additional changes due to CaCO3 compensation. Biological 

carbon storage is also stoichiometrically related to the regenerated phosphate (Preg) and 

oxygen utilization. However, if it can be determined accurately, preformed phosphate has 

the advantage of being conservative in the subsurface ocean. This means that if we know 

the volumetric contributions of deep-water masses, we only need to determine Ppre at a 

limited number of locations. 
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Phosphate concentration in the subsurface waters can be considered as the sum of 

the preformed phosphate, (Ppre) and the phosphate added by the respiration of organic 

matter (Preg), P = Ppre + Preg. In this paper, the efficiency of the biological pump is measured 

by the global mean preformed phosphate, which can be modulated by a suite of physical 

and biogeochemical processes. Depletion of polar surface nutrients can lead to a decrease 

in preformed nutrient and a higher efficiency of the biological pump, which can be driven 

by increased productivity, increased stratification and/or weakened upwelling of deep 

waters (Francois et al., 1997; Martínez-García et al., 2014; Robinson et al., 2005; Wang et 

al., 2017). A change in the relative volume of water masses with different preformed 

phosphate values can also alter the global mean preformed phosphate, thus changing global 

biological pump efficiency (Toggweiler et al., 2003).  

The regenerated phosphate, Preg, can be estimated from Apparent Oxygen Utilization 

(AOU) through their stoichiometric relationship. AOU is defined as the difference between 

the oxygen saturation (O2,sat) and the in-situ oxygen where the oxygen saturation is 

calculated from the local temperature and salinity (Boyer et al., 2013). This approximation, 

Preg =  RP:O2
AOU, assumes that the air-sea equilibration of oxygen is relatively rapid and 

that Preg and AOU are zero at the surface. However, surface water O2 is typically 

undersaturated at the time of water mass formation due to heat loss, sea-ice cover, and 

entrainment of subsurface water. At present, polar oceans are typically undersaturated on 

the order of 5 – 15% during winter months (Ito et al., 2004). However, the magnitude of 
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oxygen undersaturation due to air-sea disequilibrium is still debated. Using AOU has the 

potential to overestimate changes in respired carbon by 50% (Khatiwala et al., 2019).  

Because we will be reconstructing preformed phosphate using AOU, which may 

overestimate the magnitude of true oxygen utilization, we call these estimates of preformed 

phosphate Ppre,AOU in order to distinguish this calculation from true preformed phosphate. 

Consequently, the reconstruction of Ppre,AOU incorporates a combination of biological pump 

contributions and oxygen air-sea disequilibrium. Thus, changes in global preformed 

phosphate include: (1) changes in the distribution of deep ocean water masses, (2) changes 

to the surface nutrient content at deep water formation regions, or (3) changes in air-sea 

disequilibrium in these regions. Consequently, observed changes in Ppre,AOU will reflect the 

contributions of these factors, while the true preformed phosphate (Ppre) reflects only (1) 

and (2). The implication of this difference is discussed in section 1. 3.6. If the changes in 

Ppre,AOU are insufficient to fully explain the CO2 drawdown, that would indicate that other 

mechanisms must contribute, including changes in whole ocean alkalinity, salinity, or 

temperature.  

Qualitative paleo-oxygen proxies for the ocean, including but not limited to redox-

sensitive trace-metals, laminations, foraminiferal assemblages, and δ15N indicate a decline 

in oxygen and an increase in oxygen utilization for core sites deeper than 1,500 meters 

during the LGM (Jaccard et al., 2016; Jaccard & Galbraith, 2012). More recent semi-

quantitative proxies, including trace metal I/Ca, the preservation of lipid biomarkers, and 
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pore-analysis on benthic foraminifera also indicate relatively low oxygen during the LGM 

(Anderson et al., 2019; Lu et al., 2020; Rathburn et al., 2018). I/Ca measurements on 

foraminifera do not show a correlation with oxygen through all oxygenation levels but do 

decrease rapidly under poorly oxygenated conditions (< 50 μmol/kg) (Lu, Rickaby, et al., 

2020). Increased preservations of lipid biomarkers, such as alkenones, also indicate low 

oxygenated conditions (20 – 50 μmol/kg) (Anderson et al., 2019). Pore-analysis on benthic 

foraminifera seems to be another promising indicator of oxygen but has yet been applied 

to down-core records (Rathburn et al., 2018). Jacobel et al. (2020) identified a reduction of 

oxygenation in the deep equatorial Pacific during the LGM using a multi-proxy approach 

incorporating some of these newer semi-quantitative proxies. Here we will take advantage 

of the fact that quantitative oxygen estimates can be made from carbon isotopes in benthic 

foraminifera, an approach that was first proposed by McCorkle & Emerson (1988).  In this 

method, the difference in δ13C between the epifaunal C. wuellerstorfi and infaunal 

Globobulimina affinis is used to reconstruct oxygen (Hoogakker et al., 2015).  

Here we present the first quantitative reconstruction of Ppre,AOU of LGM bottom 

waters using previously published datasets of sea-floor sediment cores, estimating the 

contribution of changes in the biological pump efficiency to the lowering of atmospheric 

CO2. This requires quantitative estimates of phosphate concentrations, deep-sea 

temperature, and oxygen. We use the quantitative estimates of oxygen from benthic 

foraminiferal δ13C.  These estimates have only become available recently and exist at a 

limited number of locations.  Deep water Cd strongly covaries with PO4 , and past PO4 can 
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be reconstructed from Cd/Ca ratios in foraminifera (Figure 1, Boyle, 1988, 1992; Boyle et 

al., 1995) . The incorporation of Mg into the calcite shells is temperature dependent and 

paleotemperature of deep waters can be reconstructed from Mg/Ca in benthic foraminifera 

(Martin et al., 2005; Roberts et al., 2016; Skinner et al., 2003). The Ppre,AOU estimates 

presented here combine the oxygen reconstructions with PO4 and temperature estimated 

from either the same sediment cores or nearby cores (see section 1.2.1). Additionally, we 

reconstructed preformed δ13C, combining δ13C with temperature estimated from either the 

same or nearby cores (see section 1.2.2). It is important to note that the preformed δ13C 

estimates do not rely on PO4, potentially reducing the error in the estimate relative to 

Ppre,AOU. But our calculation of preformed δ13C, like that for preformed phosphate, uses 

AOU to estimate oxygen utilization. Thus, all future references will be called δ13Cpre,AOU. 

Lastly, we performed three-dimensional numerical model experiments to help guide our 

interpretation of this limited data and to explore mechanistic linkages between the 

hypothesized perturbations to the biological pump and preformed nutrients. 
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Figure 1 - Seawater Cd reconstructed from foraminifera using a depth-dependent 

(blue) and depth- independent H. elegans (red) empirical distribution coefficient 

versus bottom water phosphorous. Data are from Boyle, 1988, 1992; Boyle et al., 1995. 

The fit follows the Rayleigh model in Elderfield and Rickaby, 2000 (equation 2). 

1.2 Methods 

1.2.1 Reconstruction of Preformed Phosphate 

Observational estimates of preformed phosphate rely on the oxygen deficit relative 

to saturation, termed as AOU as stated in the previous section. Because surface water O2 

is typically undersaturated at the time of water mass formation due to heat loss, sea-ice 
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cover, and entrainment of subsurface waters (Ito et al., 2004), this causes a potential 

overestimation of respiratory oxygen loss. Since changes in the air-sea disequilibrium on 

glacial-interglacial timescales are unknown, we defined the notation, Preg,AOU, indicating 

the AOU-based estimate of preformed phosphate and distinguish it from the true Preg. Here 

we assume a O2:P  stoichiometric ratio of 170±10:1 (Anderson & Sarmiento, 1994). Then 

it is possible to estimate Ppre,AOU as a function of phosphate (P), temperature (T), and 

oxygen (O2), all of which can be estimated with existing paleooceangraphic proxies. 

Ppre,AOU = P −
1

170
{O2,sat(S, T) − O2} (1) 

Oxygen saturation weakly depends on salinity. Here, we approximate salinity change using 

the global mean salinity increase of  1 g/kg during the LGM (Adkins, 2002). An increase 

salinity of 1 g/kg causes a decrease of O2,sat of 2-3 µmol/kg.  

Reconstructions of bottom-water Ppre,AOU and δ13Cpre,AOU are performed at eight core sites 

found in the North Atlantic, South Atlantic, the Arabian Sea, and the Eastern Pacific 

(Figure 2 and Table 1). The number of cores is limited by lack of availability of previously 

published Globobulimina spp. δ13C required for the O2 – Δδ13C proxy.  
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Table 1 - Modern, Holocene, and LGM Bottom-Water O2 and Ppre,AOU. 1-σ errors are 

shown.  

Core Location Lat. Long. Depth Mod. 

Ppre,AOU 

Hol. 

Ppre,AOU 

LGM 

Ppre,AOU 

Hol.  

δ13Cpre,AOU 

LGM  

δ13Cpre,AOU 

References 

    deg 

N 

deg E meters µmol/kg µmol/kg µmol/kg ‰ ‰   

MD99-

2328  

North 

Atlantic 

48.1 -9.5 942 0.56 

 

0.26 ± 

0.36 

 

1.85 ± 

0.19 

Mojtahid et al. 2017; 

Marchitto and Broecker 

2006 

ODP-1242  Eastern 

Pacific 

7.9 -83.6 1364 1.36 1.28 ± 

0.34 

1.06 ± 

0.37 

1.87 ± 

0.17 

1.76 ± 

0.23 

Hoogakker et al. 2018; 

Boyle 1992 

GeoB3606-

1 

South 

Atlantic 

-

25.5 

13.1 1785 0.96 0.55 ± 

0.34 

0.05 ± 

0.38 

1.55 ± 

0.17 

1.85 ± 

0.23 

Mckay et al. 2016, 

Marchitto and Broecker 

2006 

GeoB3004-

1 

Arabian 

Sea 

14.6 52.9 1803 1.36 1.30 ± 

0.34 

0.75 ± 

0.37 

1.65 ± 

0.18 

1.57 ± 

0.22 

Schmiedl and Mackensen 

2006; Boyle 1995 
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Table 1 – Continued. 

TR163-

25T 

Eastern 

Eq. 

Pacific 

-1.7 -88.5 2650 1.43 1.35 ± 

0.34 

0.88 ± 

0.34 

1.34 ± 

0.18 

1.48± 

0.18 

Umling et al. 2018; Hoogakker 

et al. 2018; Boyle 1992; Martin 

et al. 2005 

TR163-23  Eastern 

Eq. 

Pacific 

0.7 -91.9 2730 1.41 1.96 ± 

0.34 

0.98 ± 

0.34 

1.16 ± 

0.21 

1.09 ± 

0.17 

Umling et al. 2018; Martin et 

al. 2005 

MD95-

2042 

North 

Atlantic 

33.8 -10.2 3146 0.89 

 

0.82 ± 

0.34 

 

1.24 ± 

0.19 

Hoogakker et al. 2015;  

Marchitto and Broecker 2006; 

Skinner et al. 2003; Marchitto 

et al. 2002 
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Figure 2 - Modern oceanographic climatology from World Ocean Atlas 2013 

(WOA13) of surface ocean Ppre,AOU, with the eight pink stars representing the locations 

of Ppre,AOU reconstructions. 

 Here, we briefly summarize how the three variables (P , T and O2) necessary to 

calculate Ppre,AOU are determined at each location.  We reconstruct phosphate concentration 

(P) using previously published estimates of seawater Cd (Cdw) based on the Cd/Ca analysis 

on benthic foraminifera, including but not limited to: Hoeglundina elegans, Uvigerina spp., 

Cibicidoides wuellerstorfi, Cibicidoides kullenbergi, and Nuttallides umbonifera (Boyle, 

1988; Boyle et al., 1995; Boyle & Keigwin, 1987). We use Cdw reconstructions either from 

the core-site itself, from an average of nearby core-sites, or from a simple linear 

interpolation of the Cdw data compiled in Marchitto & Broecker (2006), when there were 
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not sufficient nearby core-sites. We calculate P using a nonlinear relationship between Cdw  

reconstructed from core top foraminifera and phosphate in the overlying seawater (Figure 

1) (Elderfield & Rickaby, 2000). This relationship between Cd and P uses the same 

functional form as Elderfield & Rickaby (2000), but the coefficients and errors in the 

regression analysis are determined using core-top Cdw rather than water column Cd data 

(Boyle, 1988, 1992; Boyle et al., 1995), 

 

P =
PT

(
CdT

Cdsw
 – 1)α−1+1

 (2)

 CdT and PT are constants and are set to 1.2nM and 3.3µM as defined in Elderfield 

& Rickaby (2000). The fraction factor, α = 2.2, is determined based on the best fit to the 

core top data compilation in Figure 1(Boyle, 1988, 1992; Boyle et al., 1995) .   

 The bottom water O2 is reconstructed from the carbon isotope gradient in the 

sediment column estimated from the difference of δ13C of foraminifera: epifaunal C. 

wuellerstorfi and infaunal Globobulimina affinis (Hoogakker et al., 2015). Sulfate 

reduction and carbonate dissolution could introduce potential uncertainties in this δ13C 

gradient. However, for sites with [O2] < 235 µM, there is a linear relationship between 

bottom water O2 and ∆δ13C. This calibration is based on a limited number of surface 

sediment samples. We use a linear regression based on the calibration data from Hoogakker 

et al. (2015), excluding the pore-water data (Figure 3): 



 

 

 

14 

O2
bot[M] = 124.63 × Δδ13C + 45.25 (3) 

 

Figure 3 - Bottom-water O2 versus ∆δ13C calibration using data from Hoogakker et 

al., 2015. ∆δ13C is the difference between epifaunal C. wuellerstorfi or modern bottom-

water δ13C and infaunal G. affinis. Core sites using pore-water data were excluded. 

The linear fit for O2 < 235 µmol/kg is shown in equation 3. The RMSE of this fit is 

14.2 µmol/kg. 

 

We used the published temperature estimates that were based on Mg/Ca trace metal 

analyses of benthic foraminifera (i.e. Uvigerina spp., G. affinis, C. wuellerstorfi) (Martin 
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et al., 2005; Roberts et al., 2016; Skinner et al., 2003) in the same location as for the O2 

reconstructions and from nearby cores where available.  In some cases, there were no 

nearby temperature reconstructions, and we assign a range of plausible values for the 

calculations and error estimates.  

1.2.2 Reconstruction of Preformed δ13C 

Like phosphate, subsurface δ13C is the surface value at the time of water mass 

formation (preformed δ13C, δ13Cpre) and the change in δ13C from the original value due to 

the respiration of organic matter (regenerated δ13C, δ13Creg), δ13C = δ13Cpre + δ13Creg. The 

δ13C : P stoichiometric ratio of −1.1 ± 0.06 [µM−1] and the O2:P stoichiometric ratio of 

170 ± 10:1 is assumed (Anderson & Sarmiento, 1994; Broecker & Maier-Reimer, 1992). 

Since δ13Creg is determined using AOU, we will define this as δ13Creg,AOU : 

δ13Creg,AOU = −
1.1

170
AOU (4) 

Following the same steps as determining Ppre,AOU. 

δ13Cpre,AOU = δ13CC.  wuellerstorfi +
1.1

170
AOU (5) 

1.2.3 Numerical Sensitivity Experiments 

A suite of sensitivity experiments is performed with an ocean circulation and 

biogeochemistry model. The model is based on the Massachusetts Institute of Technology 
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general circulation model (MITgcm) (Marshall, Adcroft, et al., 1997; Marshall, Hill, et al., 

1997) configured for the global domain with 2.8◦×2.8◦ resolution on longitude-latitude 

grid with 23 vertical z-levels following Ito & Follows (2013). The model includes the 

explicit representation of phosphate, dissolved organic matter, alkalinity, dissolved 

inorganic carbon, dissolved iron, and dissolved oxygen. The air-sea exchange of CO2 is 

parameterized following Wanninkhof (1992). Biological parameterization is adopted from 

Dutkiewicz et al. (2006) where productivity is limited by the availability of light and 

nutrients as parameterized by the Monod function. 30% of primary production is 

instantaneously exported to depth as particulate matter, as opposed to being recycled within 

the photic zone.  This particulate matter is remineralized according to the power function 

with depth with the exponent of -0.9 (Martin et al., 1987). The model includes two 

additional tracers, true preformed phosphate (Ppre) and preformed oxygen (O2,pre) for 

comparison with the model’s determination of Ppre,AOU. The values of these tracers are set 

equal to the phosphate and oxygen in the surface grid cell, and they are transported as 

conservative tracers in the subsurface grid cells.  

The model is first spun up with the modern climatological forcing for O(5,000 years) 

to reach a statistical steady state. The control run is then performed for an additional 2,000 

years using the same forcing as the spin up. This run remains close to the steady state, and 

the time-mean fields from the last 10 years are compared to modern climatology for 

validation (see results). We performed the sensitivity experiments, initialized from the last 
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time step of the 5,000-year spin-up and integrated for 2,000 years. The model dynamically 

shifts to a new steady state according to the perturbations and captures large-scale patterns 

of ocean carbon and nutrient tracers. Integration of 2,000 years can bring the model very 

close to a new steady state and is considered adequate for the purpose of this study. The 

last 10 years of each sensitivity experiment are analyzed as the steady state response of the 

model. We investigate three Southern Ocean scenarios that have been proposed for LGM 

CO2 drawdown: increased salinity stratification, increased biological growth rate, and 

weakened wind stress. The goals of these sensitivity experiments are to evaluate the effects 

of the Southern Ocean perturbations on the global bottom water oxygen and on preformed 

phosphate. In the first scenario, increased salinity stratification over the Southern Ocean is 

achieved by applying a restoring boundary condition for the surface salinity with a 

Gaussian perturbation of -0.5 PSU centered at 63◦S. In the second scenario, increased 

biological productivity is imposed through a 10× increase in growth rate over the Southern 

Ocean south of 40◦S. This does not consider the dipole nature of the change in export 

production in the Southern Ocean during the LGM found in Francois et al., 1997; Kohfeld 

et al., 2005; Kumar et al., 1995; Mortlock et al., 1991. In the third scenario, wind stress is 

weakened by up to 50% over the Southern Ocean with smoothing at the 30°S transition 

to avoid abrupt shifts.  We also include a fourth sensitivity experiment which incorporates 

all three scenarios described above: increased stratification, increased biological 

productivity, and decreased wind stress. The purpose of these idealized experiments is to 
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generate perturbations with plausible physical mechanisms, and they are not meant to 

reproduce accurately the magnitude of perturbation during the LGM. 

We also performed six additional simulations to better characterize the relationship 

between local and global Ppre,AOU under a larger range of circulation and productivity 

scenarios (Figure 4).  These additional scenarios were designed to assess the effect of 

increased iron deposition and the increased salinity of the polar Southern Ocean due to 

increased sea ice production for a different study. These experiments include: increased 

atmospheric dust deposition by 2×, 4× and 8× the modern aeolian iron input, and increased 

polar surface salinity through the restoring boundary condition with 0.4, 0.6 and 0.8 PSU. 

Five additional simulations with increased sea ice cover were performed. The sea ice cover 

is shifted equatorward in five steps by 1, 2, 3, 4 and 5 grid cells which translates to 2.8° to 

14° in latitude. The latter change is probably unrealistically large, but the purpose of these 

perturbation runs is to explore the range of change in the carbon cycle from moderate to 

extreme changes. These sea-ice experiments are only affecting gas exchange and light 

availability and do not include circulation changes, or changes in salinity and temperature. 

Whole ocean changes in salinity and temperature would not influence changes in Ppre or 

Ppre,AOU. 
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Figure 4 - Local bottom water Ppre,AOU versus the global mean Ppre,AOU for a variety of 

perturbations of the MITgcm at the 2730 meter Eastern Equatorial Pacific and 1803 

m Arabian Sea core sites. 

Ppre,AOU can be diagnosed from the model output using AOU determined by 

subtracting the dissolved oxygen concentration (O2) from the oxygen solubility; AOU = 

O2,sat(S, θ)−O2. The AOU includes the effect of air-sea disequilibria. Polar oceans are 

typically undersaturated on the order of 5-15% (Ito et al., 2004),  leading to an 

overestimation of the effect of the biological pump efficiency on carbon drawdown when 

calculating Ppre,AOU instead of true preformed phosphate. The model includes the true 

preformed phosphate and preformed oxygen. These tracers can be used to accurately 

determine the disequilibrium component and its impact on the AOU-based estimates of 

preformed phosphate.  
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1.3 Results and Discussions 

1.3.1 Glacial-Interglacial Changes in O2 

Table 1 and Figure 5 summarize the reconstruction of bottom-water O2 for the late 

Holocene and the Last Glacial Maximum. The late Holocene reconstructions of bottom-

water oxygen at the Arabian Sea site, the 2,650-meter Eastern Equatorial Pacific, and the 

1,364-meter Eastern Pacific site agree with World Ocean Atlas 2013 (WOA13). However, 

the 2,730-meter Eastern Equatorial Pacific overestimates modern oxygen at that site, while 

the 1,785-meter South Atlantic site underestimates modern oxygen, according to WOA13 

climatology. Two or fewer measurements went into the averages for the late Holocene δ13C 

for C. wuellerstorfi and Globobulimina spp. for the 2,730-meter Eastern Equatorial Pacific 

site and the 1,785-meter South Atlantic site. Since most cores show significant scatter in 

δ13C in contiguous Holocene-aged samples, this low number of measurements could 

potentially add to the uncertainty in the reconstruction beyond the error indicated in the 

calibration data set. Additionally, the O2 – Δδ13C calibration is only based on twelve sites 

and may either underestimate the error or be biased based on these locations. An expansion 

of this calibration is needed to fully understand the relationship between Δδ13C and bottom 

water O2.  Bottom water O2 was not reconstructed for the late Holocene at the two North 

Atlantic sites and the 3770-meter South Atlantic site due to the lack of late Holocene G. 

affinis δ13C data. For all sites, bottom O2 values from modern climatology (WOA13) are 

displayed (Table 1 and Figure 5).  
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Figure 5 - (top) Bottom water oxygen and (bottom) preformed phosphate 

reconstructions at eight locations. The modern oceanographic climatology (current) 

is from World Ocean Atlas 2013 (WOA13). Late Holocene is defined as 0 – 6 ka. LGM 

is defined as 19 – 23 ka. 1-σ errors are shown. 

Reconstruction of the LGM bottom water O2 shows a decline relative to late 

Holocene and/or modern values at all sites with most significant declines in deep Eastern 
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Equatorial Pacific sites, the deep North Atlantic site, and the 1785-meter South Atlantic 

site (Table 1 and Figure 5). In this study, oxygen change is relatively minor in the 3,770-

meter South Atlantic core in contrast to the findings based on this data set in Gottschalk et 

al. (2016). The difference comes from the type of benthic foraminifera used to estimate the 

bottom water δ13C. While Gottschalk et al (2016) used C. kullenbergi for their epifaunal 

δ13C, this study uses C. wuellerstorfi because C. wuellerstorfi most likely better represents 

δ13C in the region. Gottschalk et al. (2016) found a significant carbon isotope offset 

between C. wuellerstorfi and C. kullenbergi at this South Atlantic core, with C. 

wuellerstorfi isotopically heavier. There is potential that C. kullenbergi lives slightly 

deeper within the sediment compared to C. wuellestorfi, making the C. kullenbergi 

signature isotopically lighter than the true bottom-water δ13C (Jorissen et al., 1998). 

Additionally, the O2 – Δδ13C calibration used in this paper is based on C. wuellerstorfi δ13C 

following Hoogakker et al. (2015). 

1.3.2 Glacial-Interglacial Changes in Preformed PO4 

Where sufficient foraminifera-based proxy data were available to reconstruct late Holocene 

preformed phosphate, the values from these sites are in agreement with the values calculated 

using modern ocean climatological values within 2σ (Boyer et al., 2013) (Table 1, Figure 

5, Figure 6). This is despite the lack of agreement between reconstructed and observed O2 

in the 2,730-meter Eastern Equatorial site and 1,785-meter South Atlantic site. This stems 

from the fact that a large portion of the error in Ppre,AOU reconstructions comes from the 
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conversion of Cd/Ca to phosphate, making the uncertainty in oxygen a relatively small 

contribution.  

 

Figure 6 - Observed O2 (μmol/kg) based on World Ocean Atlas (WOA13) for the 

zonally averaged transects of the Atlantic Ocean (a) and Pacific and Indian Ocean 

(b). Simulated O2 from the control run for the Atlantic Ocean (c) and Pacific and 

Indian Ocean (d). Determined Ppre,AOU (μmol/kg) based on World Ocean Atlas 

(WOA13) for the zonally averaged transects of the Atlantic Ocean (e) and Pacific and 

Indian Ocean (f). Simulated Ppre,AOU for the Atlantic Ocean (g) and Pacific and Indian 

Ocean (h). 
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The LGM Ppre,AOU was reduced from the modern value at all sites, with the most 

significant reductions in the deep Pacific and Indian Oceans and smaller reductions in the 

deep Atlantic. The 1,785-meter South Atlantic site shows the most significant decrease in 

preformed phosphate, but due to its relatively shallow depth, it could be influenced by 

Antarctic Intermediate Water (AAIW) or Glacial North Atlantic Intermediate Water 

(GNAIW). An increase in iron fertilization in the Subantarctic Zone (SAZ) would lower 

the preformed phosphate signature of AAIW (Hain et al., 2010; Keir, 1988; Ridgwell & 

Watson, 2002).  While the average change in Ppre,AOU (LGM-Modern) at the core sites is 

−0.42 ± 0.20 µM (2σ), based on the conservative property of preformed nutrients, we 

expect that the global mean Ppre,AOU is most likely represented by the values in Pacific Deep 

Water and Indian Deep Waters. These water masses are most voluminous and have 

dominant influences on the global inventory. Because there is no deepwater formation in 

the Pacific and Indian basins today, these deep waters reflect the mixing product of source 

waters from the northern North Atlantic and the polar Southern Ocean. Our model 

simulations demonstrate the overall validity of this approach, showing that the changes of 

global mean preformed phosphate are closely correlated with the changes of bottom water 

Ppre,AOU at the deep Indian site and deep Equatorial Pacific site (Figure 4). This relationship 

holds through a variety of biological and physical perturbations, but the slope of about 0.96 

suggests that determinations of global mean Ppre,AOU from the deep Indian and Pacific sites 

alone will very slightly overestimate the global mean Ppre changes by about 4%. This 

overestimate is due to neglect of the upper ocean Ppre,AOU, which is lower than in the deep 
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ocean because of more complete utilization of surface nutrients where these less dense 

waters outcrop at the surface.  This relationship should hold going back in time if the deep 

ocean is filled by waters from only the Southern Ocean and the North Atlantic. If there 

were other sources of deep-water formation during the LGM, such as the North Pacific 

(Matsumoto et al., 2002; Rae et al., 2014) , this relationship will not be upheld. Our best 

estimate of mean ocean decrease in Ppre,AOU (LGM – Modern) is −0.53 ±

0.13 µM (2𝜎, 𝑠𝑒𝑒 𝑠𝑢𝑝𝑝𝑙𝑒𝑚𝑒𝑛𝑡), based on the average decrease at the sites in the deep 

(>1500 meters) Indian and Pacific core sites.   

Disregarding air-sea disequilibrium effects, there are two possible explanations for 

the decrease of glacial preformed phosphate: (1) changes in volumetric contributions of 

different deep-water masses and (2) changes in end-member concentrations in these water 

masses. During the LGM, many studies have suggested that there was a shoaling of North 

Atlantic Deep Waters (NADW) to a depth of less than 2000 meters, often referred to as 

Glacial North Atlantic Intermediate Waters (Gebbie, 2014; Lynch-Stieglitz et al., 2007; 

Oppo & Lehman, 1993). This would suggest the 942-meter North Atlantic site, MD99-

2328, bathes in GNAIW during the LGM. Given that modern NADW has a Ppre,AOU of 0.8 

µM (Sarmiento & Gruber, 2006) and LGM Ppre is 0.3 µM at this 942-meter site, this implies 

a ∼ 0.5µM lower northern Ppre end-member during the LGM. Modern southern sourced 

waters have a Ppre,AOU of 1.8 µM (Figure 2) (Sarmiento & Gruber, 2006). Assuming that 

the deep South Atlantic site, MD07-3076Q, is predominately sourced by southern sourced 

waters, the LGM Ppre,AOU at this site of 1.3µM also indicates a ∼ 0.5µM lower southern 
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Ppre,AOU end-member during the LGM. The deep North Atlantic site, MD95-2042, has a 

similar LGM Ppre,AOU to the deep South Atlantic site, corroborating the idea of a more 

intrusive southern sourced water mass during the LGM.  This implies that the decrease in 

glacial preformed phosphate cannot only be due to changes in water mass distribution since 

both the southern and northern end members are decreasing.    

Oppo et al. (2018) also infer lower Ppre of GNAIW based on an inversion of deep-

water carbon isotope and seawater Cd reconstructions, but in contrast to this study, find 

little change in preformed PO4 in the southern sourced waters in the deep LGM Atlantic. 

Consequently, they reconstruct higher preformed PO4 in the deep Atlantic where northern 

sourced waters are replaced by southern sourced waters.  While both approaches share the 

LGM deep-water Cd data set, ours separates the preformed vs. regenerated components 

based on AOU, whereas theirs infers regeneration based on the amount of remineralization 

required to match the spatial patterns in the Cd and δ13C data as water masses are traced 

from their origin into the deep sea. The relative fraction of preformed vs. regenerated 

nutrients in their inversion is sensitive to constraints on surface water δ13C in the Southern 

Ocean.  It will require more deep-water oxygen data as well as better reconstructions of 

nutrients and δ13C near the water mass formation regions to better understand the changes 

to the preformed phosphate endmembers for LGM deep waters. 

 Yu et al., 2019, based on a multi-proxy approach using carbonate ion and nutrient 

concentrations to estimate air-sea CO2 exchange signals, found an increase in the efficiency 
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of the North Atlantic carbon pump. Our finding of a decrease in Ppre,AOU in the North 

Atlantic is in agreement with their reconstruction, indicating an increase in the biological 

pump efficiency in the North Atlantic. Reconstructions of the Southern Ocean surface 

nitrate consumption from foraminifera-bound, deep sea coral bound, and diatom-bound 

nitrogen isotopes indicate more complete nitrate consumption during the Last Glacial (Ai 

et al., 2020; Kemeny et al., 2018; Martínez-García et al., 2014; Studer et al., 2015; Wang 

et al., 2017). More surface nitrate consumption in the Southern Ocean indicates an increase 

in the biological pump efficiency and a decrease in Ppre,AOU for southern sourced waters. 

Our findings of a decrease in Ppre,AOU   in the deep equatorial Pacific is in agreement with 

these reconstructions.  

1.3.3 Glacial-Interglacial Changes in Preformed δ13C 

Preformed δ13C provides a semi-independent proxy for biological pump efficiency 

(See Section 1.3.6). It is important to note that both δ13Cpre,AOU and Ppre,AOU are determined 

using AOU. From the 5 existing cores with Holocene Globobulimina spp. data, we see an 

average change of δ13Cpre,AOU of 0.03 ± 0.16‰ (2σ) (Table 1, Figure 7).  Similar to 

Ppre,AOU, we expect the global change in δ13Cpre,AOU to be represented by the changes in the 

deep Equatorial Pacific and Arabian Sea. Assuming a one-to-one relationship between the 

deep Indo-Pacific changes in δ13Cpre,AOU and changes in global mean δ13Cpre,AOU, our best 

estimate for mean ocean changes of δ13Cpre,AOU, derived from the average changes at the 

deep Indian and Pacific sites, is 0.00 ± 0.14‰ (2σ). Unlike for preformed phosphate, the 



 

 

 

28 

whole ocean changes in δ13C must be accounted for in order to determine changes in 

biological pump efficiency. 

 

 

Figure 7 - Preformed δ13Cpre.AOU reconstructions for 8 core locations for the Late 

Holocene and LGM. 

The linear relationship between calculated LGM δ13Cpre,AOU and Ppre,AOU, excluding 

the intermediate Eastern Pacific core site and the shallower South Atlantic site, does not 

conflict  with a two end-member oceanic system, with a North Atlantic source and a southern 

source of deep waters. (Figure 8). Due to their relatively shallow depth, intermediate water 
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masses would contribute to the waters at the 1364-meter Eastern Pacific core site, as well 

as the shallower South Atlantic site. 

 

Figure 8 - Ppre,AOU versus δ13Cpre,AOU plot at each of the eight core-sites. A linear fit is 

performed through six of the seven core-sites. The RMSE of this fit is 0.17, with an 

R2 correlation of 0.78. Core site ODP-1242 and GeoB3606-1 is relatively shallow and 

would be influenced from other intermediate waters. 

1.3.4 Mechanisms for Changes in Oxygen and Preformed PO4 
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Despite its simplicity, the model’s control run reproduces the large-scale structure of 

observed bottom water O2 and preformed phosphate (Figure 6). Newly formed North 

Atlantic Deep Water is enriched in O2, and it is transported southward by the deep western 

boundary current. The model underestimates the bottom water O2 in the Southern 

Hemisphere on the order of O(−100µM ) likely due to the relatively weak bottom water 

ventilation. Relatively low bottom water O2 is a common issue with coarse-resolution global 

ocean models with incomplete representation of bottom water formation such as shelf 

convection and coastal polynyas. While this is not desirable, it does not preclude us from 

using the model because the model still represents relevant physical and bio-geochemical 

processes, including wind-driven upwelling, stratification, and the biological pump. The 

coarse resolution of this model enables multiple millennial integrations that are required for 

the equilibration of the deep water. The model represents the large-scale distribution of 

preformed phosphate reasonably well. The northern deep water contains relatively low 

preformed phosphate (∼ 0.8 µM ), and it makes a sharp contrast with the relatively high 

preformed nutrient of the southern deep water (∼ 1.8 µM ) (Figure 6). The boundary exists 

around ∼ 45◦S where the two deep water masses interface with one another. 

Here, we highlight results from three experiments, (1) increased Antarctic 

stratification, (2) increased biological activity and (3) weakened Southern Ocean winds 

(Figure 9, Figure 10, Figure 11). Changes in storm track activity during the LGM can cause 

regional changes in the precipitation rate over the Southern Ocean. The atmospheric model 

simulations and paleoceanographic proxy data do not form a consensus, but this is a 
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possible response to the westerly wind shift (Chavaillaz et al., 2013; Kohfeld et al., 2013). 

Increased Antarctic stratification or weakened Southern Ocean winds causes a reduced 

vertical supply of nutrients and increases surface residence time, which can lead to the 

depletion of surface nutrients by phytoplankton. These three perturbations examine 

mechanisms based in the Southern Ocean that have been proposed to increase the biological 

pump efficiency, and thus decrease deep water O2 and increase the storage of biologically 

sequestered carbon. The model simulations with weaker winds, increased stratification, 

and/or increased biological activity reproduce the decline in the bottom water O2 that is 

reconstructed for the LGM at the South Atlantic site, Arabian Sea site, and the two deep 

Eastern Equatorial Pacific sites. The increased stratification and decreased wind stress 

experiments show an increase of bottom water O2 at the 3,146 meter North Atlantic site, in 

disagreement with the LGM reconstruction, most likely due to a decrease in the model’s 

deep-water formation in the Southern Ocean (Figure 12). 
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Figure 9 - Simulated oxygen (μmol/kg) anomalies with respect to the control run for 

(a,b) increased stratification, (c,d) increased biological productivity, and (e,f) 

weakened Southern Ocean for the Atlantic Ocean (a, c, e, f) and Pacific and Indian 

Ocean (b, d, f, g). The circle’s location and color indicate reconstructed bottom water 

O2 from 19 – 23 ka.  
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Figure 10 - Simulated Ppre,AOU (μmol/kg) anomalies with respect to the control run for 

(a,b) increased stratification, (c,d) increased biological productivity, and (e,f) 

weakened Southern Ocean for the Atlantic Ocean (a, c, e, f) and Pacific and Indian 

Ocean (b, d, f, g). The circle’s location and color indicate reconstructed Ppre,AOU from 

19 – 23 ka.  
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Figure 11 - Bottom water (top-left) oxygen and (top-right) preformed phosphate at 

each core location for the LGM proxy and numerical sensitivity experiments: increase 

stratification, increase biological activity, and decrease surface wind stress. Changes 

in bottom-water oxygen (bottom-left) and preformed phosphate (bottom-right) for 

the experiments (Perturbation – Control) and data (LGM – Modern) at each core 

location. 1-σ errors are shown. 
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Figure 12 - Global Meridional Overturning Circulation (MOC) stream function 

measured in Sverdrups (Sv) for the control run (top), the decreased surface wind 

stress simulation-control difference (middle), the increased stratification simulation-

control difference (bottom). 
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All three sensitivity studies reproduce the sign of the LGM-Modern change of Ppre 

and Ppre,AOU seen in the reconstructions at all core sites (Figure 11) and an overall decrease 

of the global mean preformed nutrients, although no mechanism, by itself, can fully match 

the reconstructed LGM-Holocene change. The increased stratification, stronger biological 

activity, and weakened wind stress simulations decreased global preformed phosphate by 

0.2µM , 0.3 µM, and 0.3µM , respectively. Combining these mechanisms, a stronger 

decrease of preformed phosphate of 0.5µM is observed, closer to the LGM-Holocene 

reconstruction from the foraminifera data. 

Comparing the spatial patterns in Figure 9, the increased biological activity causes the most 

intense and widespread O2 decline, especially in the Southern Ocean, but lacks significant 

imprint in the North Atlantic. In contrast, the weakened Southern Ocean wind results in the 

strongest decline of bottom water Ppre not only in the Southern Ocean but also in the 

northern basins due to changes in the overturning circulation (Figure 10). In this particular 

simulation, the weaker westerly winds slowed down both upper and lower cell MOC of the 

Southern Ocean (Figure 12). These results indicate that biological activity changes can 

leave a strong imprint in the bottom water O2 locally in the Southern Ocean, and the 

circulation change induced by altered wind stress can spread the perturbation far afield to 

the northern basins. Overall, the patterns of change observed in the sensitivity experiments 
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with decreased surface wind stress and increased stratification over the Southern Ocean 

best match the LGM reconstructions (Figure 9, Figure 10, Figure 11). 

1.3.5 Using Ppre,AOU versus Ppre to determine Atmopsheric pCO2 drawdown  

Air-sea disequilibrium has the potential to alter our reconstruction of preformed 

phosphate. Since AOU is determined from oxygen saturation and surface oxygen is not 

fully saturated in the surface ocean, especially at polar regions, our Ppre,AOU reconstructions 

include the effect of oxygen disequilibrium. Previous studies, such as (Cliff et al., 2021; 

Khatiwala et al., 2019), found that using changes in AOU can overestimate carbon 

drawdown due to changes in the biological pump efficiency due to oxygen disequilibrium 

(undersaturation). We investigate these concerns by comparing Ppre and Ppre,AOU in our suite 

of sensitivity experiments. Figure 13 shows changes in globally averaged Ppre,AOU and Ppre 

versus atmospheric pCO2 drawdown for all sensitivity experiments. Due to the model bias 

with the low O2 concentration of the deep North Pacific, there is widespread anoxia in some 

of the sensitivity runs.  When this happens, organic matter continues to be respired, but 

oxygen cannot be set lower than zero, thus decoupling AOU and the respiration of organic 

matter in the model. This leads to an overestimation of Ppre,AOU  when determining Ppre,AOU 

using equation 1 in some of the sensitivity experiments. Since there is no indication of 

widespread anoxia in the real ocean over the last glacial cycle, we chose to sidestep this 

inconsistency rather than try to change the model to properly model the chemistry of anoxic 

ocean. To remove this inconsistency, Ppre,AOU in the model can be re-calculated using 
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equation 6.  

                 Ppre,AOU = Ppre −
1

170
(O2,sat − O2,pre) (6) 

As expected, the global Ppre,AOU in the control run slightly underestimated the control run’s 

true global preformed phosphate inventory by 0.1 µM, due to the oxygen undersaturation. 

For an increase in biological drawdown and/or more sluggish overturning circulation, 

changes in Ppre,AOU slightly underestimate the changes in true preformed phosphate and, 

consequently, underestimate the LGM CO2 drawdown due to the soft tissue pump (Figure 

13). This is because the enhancement of biological production and/or the reduction of 

surface-subsurface exchange will reduce O2 undersaturation. This in turn will allow 

Ppre,AOU will approach true Ppre. The maximum underestimation is the combination run with 

Ppre,AOU underestimating the true change in preformed phosphate by about 0.08 µM. This 

corresponds to an underestimation of CO2 drawdown by about 10 ppm.  
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Figure 13 - The solid black line is the theoretical relationship between changes in true 

preformed phosphate and atmospheric pCO2 (121 ppm/μM). Squares are the changes 

in atmospheric CO2 due to changes in the biological pump efficiency with respect to 

the respective model’s change in globally average true Ppre (perturbation-control), 

excluding the ice simulations. The diamonds represent the increase Southern Ocean 

sea-ice extent simulations. 

Previous studies raised the possibility that the lower CO2 during the LGM was due 

to greater sea-ice cover, which prevents the outgassing of the carbon-enriched waters from 

the Antarctic ventilation regions (Ferreira et al., 2018; Marzocchi & Jansen, 2019; Stephens 

& Keeling, 2000).  In these studies, this lowering of CO2 is due to an increase in air-sea 

disequilibrium of CO2. Since reconstructions of Ppre,AOU are influenced by air-sea 

disequilibrium of O2, our sea-ice expansion runs can show insight on how much Ppre,AOU 

diverges from true Ppre due to an increase in sea-ice extent.  In these scenarios, sea-ice 

extent can influence both biological nutrient uptake as well as air-sea disequilibrium of O2, 

both of which can lead to changes in Ppre,AOU. Our sea-ice expansion runs show slight 
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decreases in Ppre,AOU and slight increases in true Ppre with expanding Southern Ocean sea-

ice extent (Figure 14). The slight decrease in Ppre,AOU is due to an increase in the Southern 

Ocean air-sea disequilibrium (undersaturation) of O2. The slight increase in true Ppre is due 

to a decrease in Southern Ocean biological pump due to an increase in sea-ice cover. 

Overall, changes in Ppre,AOU will be more negative than changes in true Ppre under expanding 

sea-ice conditions.  

 

Figure 14 - Changes in the globally-averaged Ppre,AOU and globally-averaged true Ppre 

for each of the 5 ice simulations plus control run. The control run is represented as a 

0 deg increase in Southern Ocean sea-ice extent. There are 5 ice simulations: 2.8 
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degree increase, 5.6 degree increase, 8.4 degree increase, 11.2 degree increase, and 14 

degree increase in Southern Ocean sea-ice latitudinal extent with respect to modern. 

Reconstructions of LGM Southern Ocean sea-ice extent can help provide an 

estimate on how much Ppre diverges from Ppre,AOU under increasing sea-ice extent. LGM 

Southern Ocean sea-ice extent has been reconstructed through lithology of seafloor 

sediments, diatom abundances, and, more recently, oxygen isotopes in foraminifera (C. S. 

Allen et al., 2011; Burckle et al., 1982; CLIMAP PROJECT MEMBERS, 1976; Crosta et 

al., 1998; Gersonde et al., 2003; Hays et al., 1976; Lund et al., 2021). The lithological data 

shows an increase of sea-ice extent by 5 degrees of latitude (CLIMAP PROJECT 

MEMBERS, 1976). Similarly, the three estimates using diatom assemblages show similar 

5 – 6 degree of latitude increase of sea-ice extent (C. S. Allen et al., 2011; Crosta et al., 

1998; Gersonde et al., 2003). Assuming a Southern Ocea n sea-ice expansion of no more 

than 6 degrees North, this corresponds to only a 0.1 µM overestimation, leading to an 

overestimation of CO2 drawdown due to changes in the biological pump efficiency of 12 

ppm, suggesting that the air-sea disequilibrium effect from sea-ice plays a minor yet 

significant role in our reconstruction of preformed phosphate.  

Excluding the sea-ice simulations, the model shows a very similar slope of 122 

ppm/µM for the relationship between changes in Ppre,AOU and atmospheric CO2 drawdown 

due to the biological pump efficiency in comparison to using true Ppre (slope = 121 

ppm/µM) (Figure 13). Due to the uncertainty behind changes in air-sea disequilibrium 

during the LGM, we will use the theoretical 121 ppm/µM relationship when determining 
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atmospheric pCO2 drawdown due to changes in Ppre,AOU, acknowledging that this is most 

likely a slight underestimation. 

1.3.6 Quantifying LGM CO2 drawdown from Ppre,AOU and δ13Cpre,AOU 

We confirm that the theoretically derived relationship that was found earlier between 

mean ocean preformed PO4 and atmospheric pCO2 is also seen in the model scenarios 

(Figure 13). Using the mean ocean Ppre,AOU estimate of −0.53 ± 0.13 µM which was 

inferred from the average change in deep Pacific and Indian ocean cores (>1500 meters), 

we estimate −64 ± 28 ppm drawdown of atmospheric CO2 due to the increase of the 

biological pump efficiency, which explains a significant fraction of the glacial-interglacial 

change. Unlike true preformed PO4, our Ppre,AOU reconstructions incorporate a minor 

influence from the oxygen disequilibrium. Because of this, the estimated drawdown of 

atmospheric CO2 using the mean ocean Ppre,AOU includes an additional 12 ppm of error that 

could be caused from an overestimation due to an increase in Southern Ocean sea-ice extent 

during the LGM. Additionally, temperature effects on carbon solubility combined with 

opposing salinity effects and terrestrial carbon changes,  represent a pCO2 drawdown of 

6.5 ± 16.5 ppm (Table 2) (Ciais et al., 2012; Fairbanks, 1989; Headly & Severinghaus, 

2007; Sigman & Boyle, 2000). Accounting for carbonate compensation gives an 

enhancement of 16 – 32.5%, giving a total change of 87±40 ppm (Table 2) (Hain et al., 

2010).  
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Table 2 - The expected drawdown of CO2 for several processes during the LGM. 

 

Similarly to Ppre,AOU, we can determine atmospheric pCO2 drawdown due to an 

increase of the biological pump efficiency using δ13Cpre,AOU. Unlike phosphate on 

interglacial-glacial timescales, the global average δ13C of DIC in the ocean is not constant. 

Causes for the LGM drawdown of CO2 ΔCO2 (ppm)   References 

Terrestrial Carbon Decrease (330±550 Pg C) 10±16.5 

 

Ciais et al. 2012, Sigman et al. 2000 

Temperature (2.6±0.2 ˚C) -23±2 

 

Bereiter et al. 2018 

Salinity (~3.3±0.1%) 6.5±0.5 

 

Fairbanks et al. 1989, Sigman et al. 2000 

Biological Pump Efficiency -64±28   This study  

Net before carbonate compensation mechanism -70±32 

  

Net after carbonate compensation mechanism 

(16-32.5%) -87±40 

 

Hain et al. 2010 

Observed interglacial-glacial change -90   

Petit et al. 1999, EPICA community 

members 2004.  
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Consequently, globally averaged preformed δ13C is not linearly correlated with 

atmospheric pCO2. However, there are many studies that estimated the change of δ13C of 

ocean DIC between the pre-Industrial and the LGM (Δδ13C) (e.g. Ciais et al., 2012; Gebbie 

et al., 2015; Peterson et al., 2014; Tagliabue et al., 2009). Gebbie et al. (2015) estimated 

that the globally averaged LGM δ13C was 0.32 ± 0.20‰  more depleted in comparison 

to the pre-industrial. From our δ13Cpre,AOU reconstructions, the mean ocean change from 

LGM to Late Holocene δ13Cpre,AOU is 0.00 ± 0.14‰, based on the average change in the 

deep Indian and Pacific sites (>1500 meters). Mean ocean change in δ13Creg,AOU can be 

derived from mean ocean change in performed δ13C changes and total mean ocean change 

in δ13C.  

Δδ13Creg,AOU = Δδ13C − Δδ13Cpre,AOU (6)  

This equation yields LGM mean ocean δ13Creg,AOU that is 0.32 ± 0.24‰  lower than the 

Late Holocene, indicating more regenerated carbon in the deep ocean. There is a 

relationship between regenerated phosphate and regenerated δ13C of −1.1 ± 0.06 [µM−1] 

(Broecker & Maier-Reimer, 1992). Thus, the δ13Creg,AOU can be used to determine that the 

LGM mean ocean Preg,AOU is 0.35 ± 0.31 μM greater than the Late Holocene. Since ΔP-

pre,AOU = -ΔPreg,AOU, an estimate of LGM mean ocean Ppre,AOU based on mean ocean 

δ13Creg,AOU is 0.35 ± 0.31 μM lower than the Holocene, similar to the lowering of 0.53 ±

0.13 µM estimated using Cdw, but with a larger uncertainty.  The estimate of the global 
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change of ΔPpre,AOU derived from the global change of  Δδ13Cpre,AOU corresponds to a 

drawdown of pCO2 of −42 ± 50 ppm due to an increase in the biological pump efficiency,  

again agreeing within error with the pCO2 drawdown estimate derived from the Cd based  

preformed phosphate estimate. 

  Consistent with the results from Ppre,AOU, the model sensitivity studies from section 

1.3.4 show that no single mechanism that was explored can produce the required change 

in the biological pump to fully explain the Holocene-LGM CO2 drawdown (Table 3). The 

biological pump efficiency component of the combined scenario can account for a change 

in atmospheric CO2 of 63 ppm, similar to the reconstructed drawdown, but we caution that 

these sensitivity studies used a modern base state, and the scenarios were all pushed to 

extremes rather than being based on realistic LGM conditions. However, the patterns in 

Ppre,AOU and O2 produced by these mechanisms suggest that they remain viable candidates 

to explain glacial-interglacial CO2 change.   
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Table 3 - Carbon reservoir changes for a variety of perturbations of the MITgcm: (1) 

control, (2) increased biological activity, (3) decreased wind stress, (4) increased 

stratification, (5) combining 2, 3, and 4, and (6) 5.6 degree northward increase of of 

Southern Ocean sea-ice extent. Following the methodology in (Ferreira et al., 2018) 

and (Ito & Follows, 2013), we determined the individual effects of on the carbon 

reservoir due to changes in solubility (temperature and salinity dependence), 

biological pump (organic), carbonate pump, and the residual disequilibrium term. 

Sensitivity Runs 
pCO2,atm 

(ppm) 
ΔpCO2,atm (ppm) 

    Net Solubility Organic Carbonate Disequilibrium 

Control 279.2 0 0 0 0 0 

Increased 

Biological Activity 

241.7 -37.5 0 -33.5 -3 -1 

Decreased Wind 

Stress 

249.8 -29.4 -0.1 -35.3 1.2 4.8 

Increased 

Stratification 

279.3 -10.4 10.5 -24.5 1.3 12.8 

 

Combined 233.4 -45.8 8.1 -63.4 -0.8 10.2  

Increased S.O. 

Sea-Ice Extent: 

5.6 Deg N 

279.7 0 0 1.7 0.1 -1.3  
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1.4 Conclusions 

While initial attempts using box models (Knox & McElroy, 1984; Sarmiento & 

Toggweiler, 1984; Siegenthaler & Wenk, 1984) were able to produce the observed CO2 

drawdown in LGM simulations using polar nutrient drawdown, biological pump scenarios 

in more complex ocean models have been unable to account for the full observed 

magnitude of the Glacial-Interglacial CO2 change (Archer et al., 2000a; Archer et al., 

2000b).  Fully interactive Earth System model simulations of glacial ocean circulation, 

climate, and carbon dioxide remain poorly constrained (Ganopolski & Brovkin, 2017). 

While estimates of global change in Ppre will continue to be refined as new data become 

available, the observation-based estimates of Ppre,AOU presented here are fully consistent 

with the observed magnitude of Glacial-Interglacial CO2 change. Further understanding on 

air-sea disequilibrium of carbon and oxygen on these interglacial-glacial time-scales, as 

well as the mechanisms driving these glacial changes, is necessary to fully account for the 

processes important in the estimates of Ppre,AOU, δ13Cpre,AOU, and pCO2. Nonetheless, our 

preliminary observation-based estimates of Ppre,AOU and δ13Cpre,AOU indicate that an 

increase of the biological pump efficiency in regions of deep water formation explains the 

lower glacial CO2.  



 

 

 

48 

CHAPTER 2. DECREASE OF DEEP OCEAN OXYGEN AND 

PHOSPHATE IN THE SOUTH PACIFIC DURING THE LAST 

GLACIAL MAXIMUM 

2.1 Introduction 

During the Pleistocene, Earth’s climate shifted quasi-periodically between intervals 

of extensive Northern Hemisphere continental ice sheet coverage and warmer periods of 

reduced glaciation. Atmospheric CO2 variations have aligned with glacial cycles—

recorded CO2 is much lower during glacial periods than during interglacial periods (EPICA 

community members, 2004). The last glacial maximum (LGM), the most recent time 

during the previous glacial when ice sheets were at their greatest extent, occurred around 

18,000 to 22,000 years ago. During the LGM, atmospheric pCO2 was about 80 to 100 

p.p.m.v. lower than pre-industrial levels (EPICA community members, 2004). There have 

been several mechanisms that have been proposed that could be responsible for the glacial 

reduction of atmospheric carbon dioxide; however, most agree that an increased 

concentration of carbon in the deep-ocean is required (Khatiwala et al., 2019; Sigman et 

al., 2010).  

To understand changes in deep ocean carbon storage during the LGM, a crucial 

factor lies in comprehending the mechanisms of deep ocean circulation. Deep ocean 

circulation, coupled with biological processes, governs the dispersion of CO2, O2, and 
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nutrients across the ocean interior. The circulation of the Southern Ocean interlinks various 

ocean basins and bridges the upper and deep layers of the ocean. Consequently, this region 

exerts a significant impact on the global oceanic circulation and nutrient pattern within the 

deep ocean.   

Carbon is sequestered in the deep ocean through the biological pump. The 

biological pump is the process where organic matter is produced in the surface layer of the 

ocean and sinks, where it is later remineralized at depth. The efficiency of the biological 

pump relies on two factors: the amount of organic carbon sinking to the deep ocean (surface 

nutrient utilization) and the ability to keep the recycle carbon stored there. The efficiency 

of the biological pump depends on both the downward flux of organic carbon but also on 

the retention of remineralized carbon in the deep ocean.  The levels of oxygenation and 

phosphate in the deep ocean can provide context to how efficient the biological pump was 

in the past. Lower oxygenation and/or higher phosphate levels is potentially indicative of 

more deep-ocean carbon storage. 

Most oxygen proxies, such as laminations, foraminifera assemblages, trace metals, 

and δ15N of shell-bound organic matter of planktonic foraminifera have been qualitative in 

nature (Jaccard & Galbraith, 2012). In the upper 1.5 km of the ocean, most oxygen proxies, 

record higher oxygenation during the LGM than during the early Holocene (Jaccard & 

Galbraith, 2012). Lower temperatures during the LGM raises the oxygen solubility and 

corresponds to this higher oxygenation in shallow and intermediate waters. Contrastingly, 
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in the deep ocean (>2 km), proxies record lower oxygen concentrations (Jaccard & 

Galbraith, 2012). The deep ocean also experienced cooling during the LGM. However, 

deep ocean oxygen consumption overcompensates the increase oxygen solubility due to 

cooler temperatures, corresponding to a decrease in oxygenation.   

There have been a variety of semi-quantitative and quantitative oxygen proxies that 

has been introduced: foraminiferal assemblages, I/Ca in benthic foraminifera, pore area of 

epifaunal foraminifera, organic matter preservation, and the carbon isotope offset between 

benthic foraminifera Cibicoides wuellerstorfi and Globobululimina spp.  (known as 

Δδ13C).  

Benthic foraminiferal species abundances and size are sensitive to dissolved 

oxygen concentrations due to gas-exchange morphological adaptations (Corliss, 1985). 

Foraminiferal species assemblages can therefore be used to infer the ambient dissolved 

oxygen levels. Kaiho, 1994 related benthic foraminiferal taxa and size to BWO via a 

benthic foraminiferal dissolved-oxygen index, though this index was not supported well by 

calibration with living foraminifera (Jorissen et al., 2007). Further region-specific and 

global calibrations of benthic assemblages (Erdem et al., 2020; Ohkushi et al., 2013; Tetard 

et al., 2017, 2021) and abundances of Eubuliminella tenuata (Tetard et al., 2021) have been 

published as quantitative BWO proxies sensitive to concentrations below ~100 μmol/kg. 

From the LGM to the EH, assemblages record lower oxygen conditions in shallow to 
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intermediate waters and higher oxygenation in deep waters globally (Jaccard & Galbraith, 

2012). 

Lower foraminiferal I/Ca indicates oxygen-depleted conditions  (Lu, Rickaby, et 

al., 2020). Low BWO concentrations are well correlated with I/Ca in living benthic 

foraminifera (Glock et al., 2014). Lu et al., 2020 posit that low I/Ca (e.g., <3μmol/mol) 

alongside other (semi-)quantitative proxy indications of low BWO (e.g., pore 

density>15%) may indicate BWO<~50μmol/kg. The I/Ca records in five cores in the 

Atlantic and Pacific suggest lower oxygenation of glacial bottom waters (Lu, Rickaby, et 

al., 2020). 

(Rathburn et al., 2018) reported a strong negative logarithmic relationship between 

BWO concentrations and pore surface area of the epifaunal benthic species Cibicidoides 

wuellerstorfi, demonstrating that pore area can be used as a quantitative reconstruction of 

past ocean oxygen. Because epifaunal species reflect ambient bottom water conditions, this 

proxy is spared complications from pore-water conditions that influence proxies that use 

infaunal species. Additionally, this proxy has the highest resolution in oxygen-poor 

conditions (Rathburn et al., 2018). Foraminiferal surface porosity has been applied to a 

downcore record in the Atlantic (Lu et al., 2021). In that record, surface porosity agrees 

reasonably well with the I/Ca proxy. Lu et al., 2022 reported good agreement among 

foraminiferal surface porosity, aU, and I/Ca proxies in the Arabian sea for the past ~30 

kyr.  
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Organic matter preservation in marine sediments increases substantively in low 

BWO environments. If production, dilution, and depth effects remain consistent, order-of-

magnitude increases in preserved organic matter can indicate BWO concentrations in the 

20-50 μmol/kg range (Anderson et al., 2019). This proxy was applied to two cores in the 

central equatorial Pacific. There, lower preserved organic matter fluxes suggested low 

oxygenation during the LGM compared to the Holocene.  

Organic matter remineralization releases isotopically light δ13C into surrounding pore 

waters, generating a δ13C gradient between pore water at the anoxic boundary (O2 = 0) and 

the overlying bottom water. Greater remineralization, associated with higher BWO 

concentrations, enhances the δ13C gradient. This difference between bottom water and 

anoxic boundary δ13C, “Δ δ13C,” is mainly a function of BWO concentration, as it closely 

follows the stoichiometrically modeled relationship between carbon isotope composition 

and oxygen concentration (McCorkle & Emerson, 1988) .This relationship can be 

leveraged to reconstruct past BWO by using the δ13C difference between epifaunal and 

deep infaunal species—foraminifera that each record the δ13C of bottom water and anoxic 

pore water (McCorkle et al., 1990) .The δ13C of deep infaunal Globobulimina reflect the 

δ13C of low-oxygen pore waters well (McCorkle et al., 1990). The epifaunal Cibicidoides 

wuellerstorfi is often used to proxy bottom water δ13C (Mackensen 2008). Therefore, the 

δ13C gradient between Globobulimina spp. and C. wuellerstorfi represents Δδ13C. 

Hoogakker et al., 2015 combined existing data from Mackensen & Licari, 2003; Schmiedl 

& Mackensen, 2006 with new reconstructions and determined that the  Δδ13C values of 
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epifaunal C. wuellerstorfi and deep infaunal Globobulimina spp. species from six locations 

in the Atlantic, Indian, and Pacific Oceans. They demonstrated a linear correlation between 

Δδ13C values of C. wuellerstorfi and Globobulimina spp. with bottom water oxygen 

concentrations within the range of 50 to 235 µmol/kg (equation 3) with an R2 of 

0.92.  Because of the Δδ13C proxies’ ability to reconstruct oxygen over a large range of 

values, this proxy is used to reconstructed oxygen and preformed phosphate in the past.  

Similarly, to oxygen, reconstruction of phosphate in the past can help bring insight 

on the changes to ocean circulation and/or surface productivity. Since the distribution of 

Cd in seawater follows that of phosphate, it has been show that we can reconstruct 

phosphate in the past by using the Cd/Ca measurements on benthic foraminifera (Boyle, 

1988, p. 19888; Boyle et al., 1995; Boyle & Keigwin, 1987). 

Because oxygen and phosphate are non-conservative in nature, preformed 

phosphate can help us better understand the changes in the biological pump efficiency for 

each different water mass. There is a relationship between atmospheric pCO2 and the global 

preformed phosphate, with a predictable relationship of as ∆pCO2
atm (ppm) ∼ 121 

∆PO4,pre (μM) (Ito et al., 2004). ∆PO4,pre is the global change in preformed phosphate. 

Preformed phosphate is the phosphate that is present in surface of the ocean before 

subduction. Preformed phosphate can be reconstructed using the reconstruction of 

phosphate, oxygen, and temperature in the past (Vollmer et al. 2022).  
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Here, we first present an updated calibration to the Δδ13C paleo-oxygen proxy. 

Using this updated calibration, we evaluate the oxygen gradient between the deep South 

Indo-Pacific and Eastern Equatorial Pacific through oxygen reconstruction at 10 cores sites 

in the Eastern Equatorial Pacific and 8 cores sites in the South Indo-Pacific. Additionally, 

we combined the reconstructed oxygen gradient with phosphate reconstructions from 

previously published Cdsw records derived from Cd/Ca in benthic foraminifera to 

determine changes in ocean circulation and ocean productivity in the past.   Lastly, we re-

evaluated the global change in preformed phosphate reconstructions to determine the 

amount of pCO2 drawdown due to an increase in deep ocean carbon storage through an 

increase in the biological pump efficiency.   

2.1.1 Oceanographic Setting and Core Locations 

We present new oxygen and preformed phosphate reconstructions from 8 core-sites in 

the South Indo-Pacific off the southern coast of Australia from water depths 506 meters 

and 2525 meters during the Last Glacial Maximum and late Holocene (Figure 15). All 

cores either sample the Subantarctic Mode Waters (SAMW), the Antarctic Intermediate 

Waters (AAIW), or the Circumpolar Deep Waters (CDW).  
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Figure 15 - Location of the 31 cores for the updated ∆δ13C – O2 calibration. 17 cores 

shown in pink are from this study. 14 cores shown in green are from previously 

published results. See Table 5 more information. 

Two cores, RS67-GC27 (depth = 506 meters) and RS78-GC18 (depth = 814 

meters), are bathed by SAMW. Subantarctic mode water (SAMW) forms in the 

Subantarctic Zone of the Southern Ocean via wintertime mixing, which is located between 

approximately 40 deg S and the Subantarctic Front. As waters flow northward form the 

Subantarctic front, these low-salinity waters cool and form a sublayer of colder and denser 

water. Due to cooler temperatures and relatively higher surface nutrient utilization, SAMW 

are characterized of having high levels of oxygen (200 – 300 mol/kg) and relatively low 

levels of preformed phosphate (~0.7 mol/kg).   
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Two cores are bathed by AAIW: SO36-7 (depth = 1225 meters) and RS67-GC5 

(depth = 1145 meters). Antarctic Intermediate Water (AAIW) is a water mass that is formed 

within the Antarctic Polar Front zone, located between approximately 50 deg S and 60 deg 

S. AAIW is formed through Ekman Transport, which pushes surfaces waters northward 

away from Antarctica, leading to the upwelling of nutrient-rich deep waters. These newly 

upwelled waters are transported northward, where they decrease in salinity due to input 

from meltwater and precipitation and down well when it reaches the relatively warmer 

subantarctic waters.  AAIW is generally well-oxygenated, with relatively high dissolved 

oxygen concentrations compared to the deeper water masses, but slightly lower 

oxygenation than subantarctic mode waters. Additionally, AAIW is known to be relatively 

nutrient-rich water mass due to its’ high preformed nutrient signature (~1.2 mol/kg). The 

relatively large, preformed phosphate is due to the iron and light limited of the Antarctic 

surface waters (De Baar et al., 2005; Martin, 1990; Martin et al., 1990).  

Four cores are represented by CDW: RS67-GC3 (1476 meters), RS67-G16 (1650 

meters), V18-222 (1900 meters), and RS67-GC13 (2525 meters). Circumpolar deep water 

is represented by the mixing of several water masses, including Antarctic Bottom Water 

(AABW), AAIW, North Atlantic Deep Water (NADW), and recirculated CDW. It is 

characterized as being relatively warm, salty, and nutrient-rich water mass. Circumpolar 

deep water is found at depths beneath the AAIW (~1200 meters).  Circumpolar deep water 

is characterized as relatively low oxygenation (~175 mol/kg) and high preformed 
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phosphate (~1.4 mol/kg).  Similarly, to the AAIW, the large, preformed phosphate is due 

to the iron and light limited of the Antarctic surface waters which fuels the Antarctic 

Bottom Waters, which has a preformed phosphate signature of 2.0 mol/kg and prevents 

the drawdown of surface nutrients (De Baar et al., 2005; Martin, 1990; Martin et al., 1990). 

Additionally, we present new oxygen and preformed phosphate reconstructions 

from 7 core-sites in the Eastern Equatorial Pacific (EEP) from water depths 617 meters and 

2867 meters during the Last Glacial Maximum and late Holocene (Figure 15).  As SAMW, 

AAIW, and CDW move through the ocean interior, upon reaching the EEP, oxygen levels 

decrease, and phosphate levels increase due to organic matter remineralization. This 

corresponds to a general increase in phosphate at all depths and a decrease in oxygen at all 

depths for the EEP. However, the preformed phosphate depth profile looks similar for both 

the South Indo-Pacific depth profile and the EEP depth profile due to the water being 

sourced from the same region. By the time these water masses reach the EEP, mixing 

between the water masses has occurred. The cores from the EEP <1500 meters, represent 

a mixture between SAMW, AAIW, and North Pacific Intermediate Waters. The cores from 

the EEP greater than 1500 meters represent CDW. 

2.2 Methods 

2.2.1 Updated Δδ13C – Paleo oxygen Calibration 
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We expanded the relatively new paleo-oxygen proxy, ∆δ13C, from 6 core-sites to 

31 core-sites, ranging from depths = 366 – 3202 meters and found in the Atlantic, Pacific, 

and Indian ocean (Figure 15). 

 This expansion includes 6 cores from the Hoogakker et al., 2015 calibration, 8 

recently published oxygen Δδ13C-O2 reconstructions from Hoogakker et al., 2018; Jacobel 

et al., 2020; Lu et al., 2023; Umling et al., 2018, and 17 new late Holocene Δδ13C-O2  

reconstructions from this study, corresponding to depths 192 to 3202 meters and found in 

the Atlantic, Pacific, and Indian oceans. For the new Δδ13C-O2 reconstructions, carbon and 

oxygen isotopes were performed on the benthic foraminifera Globobulimina spp., 

Cibicoides wuellerstorfi, and Planulina ariminensis for the Late Holocene (6 ka – 0 ka). 

Similarly, to C. wuellerstorfi, δ13C P. ariminensis also represent bottom-water δ13C values. 

𝛿18O and 𝛿13C measurements were performed using a Thermo MAT253 Stable Isotope 

Mass Spectrometer coupled to a Kiel IV Carbonate Device at the Georgia Institute of 

Technology. Globobulimina spp., P. ariminensis, and C. wuellerstorfi were picked 

from the >250 M size fraction and measured individually. 𝛿18O and 𝛿13C 

measurements were converted to PDB using an in-house standard, NBS-18, and NBS-

19. The in-house standard demonstrated a reproducibility of less than 0.1‰ for 𝛿18O 

and less than 0.05‰ for 𝛿13C (1-sigma). When P. ariminensis, and C. wuellerstorfi 

were not found, previously published values were used (Lynch‐Stieglitz et al., 1994, 

2006).   
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2.2.2 Reconstruction of Bottom Water Oxygen 

Late Holocene and LGM oxygen reconstructions were performed using the updated 

Δδ13C-O2 (equation 7) for 18 cores in the South Indo-Pacific and Eastern Equatorial Pacific 

ranging from depths 506 meters to 2867 meters (Figure 15 - Location of the 31 cores for 

the updated ∆δ13C – O2 calibration. 17 cores shown in pink are from this study. 14 cores 

shown in green are from previously published results. See Table 5 more information.). 

Δδ13C measurements for the ten cores in the Eastern Equatorial Pacific are from Kim et al., 

2023. Carbon and oxygen isotopes were analyzed on the benthic foraminifera 

Globobulimina spp. for both the Late Holocene and LGM section of the cores. 𝛿18O and 

𝛿13C measurements were conducted using a Thermo MAT253 Stable Isotope Mass 

Spectrometer coupled to a Kiel IV Carbonate Device at the Georgia Institute of 

Technology. Globobulimina spp.  and C. wuellerstorfi from the >250 M size fraction 

were individually measured. 𝛿18O and 𝛿13C measurements were converted to PDB 

using an in-house standard, NBS-18, and NBS-19. The in-house standard 

demonstrated a reproducibility of less than 0.1‰ for 𝛿18O and less than 0.05‰ for 

𝛿13C (1-sigma). For the South Indo-Pacific cores, we used previously published carbon 

isotopes from Lynch‐Stieglitz et al., 1994. Using the δ18O of benthic foraminifera, Lynch‐

Stieglitz et al., 1994 determined the corresponding core depths for the LGM and late 

Holocene time slices. Similarly, for the Eastern Equatorial Pacific cores, the LGM and late 
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Holocene section of the cores were determined using Radiocarbon ages on planktonic 

foraminifera (Koutavas & Lynch‐Stieglitz, 2003). Three of the 𝛿13C measurements come 

from previously published work (Hoogakker et al., 2018; Jacobel et al., 2020). The oxygen 

reconstruction was updated using the new calibration (Equation 7).   

2.2.3 Reconstruction of Bottom Water Phosphate 

We derive estimates of phosphate concentration (P) by employing previously 

established published estimates of seawater cadmium levels (Cdw). The computation of P 

is executed through a nonlinear relationship established between the Cdw reconstructed 

from foraminifera in the core top and the phosphate levels in the overlying seawater from 

Boyle, 1988, 1992; Boyle et al., 1995 (Figure 1) (Elderfield and Rickaby 2000). 

Cdw reconstructions for the south Indo-Pacific are from Lynch‐Stieglitz et al., 1996.  

Cdw reconstructions for the Eastern Equatorial Pacific are from Umling et al., 2018. The 

Cdw reconstructions are summarized in Table 8. 

2.2.4 Reconstruction of Bottom Water Preformed Phosphate 

Reconstructions of bottom-water Ppre,AOU were performed at all core sites in the 

South Indo-Pacific and Eastern Equatorial Pacific cores, where there are phosphate 

reconstructions. 
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We can estimate preformed phosphate as a function of phosphate (P), oxygen (O2), 

temperature (T), salinity (S) (Equation 1), and assuming a P:O2 stoichiometric ratio of 

1:170±10 (Anderson & Sarmiento, 1994).  

Estimation of preformed phosphate relies on the oxygen deficit relative to 

saturation, termed as AOU. As a result of factors like heat loss, sea-ice cover, and the 

mixing of subsurface waters, surface water oxygen levels are often below saturation during 

the formation of water masses. This condition has the potential to lead to an overestimation 

of oxygen loss through respiration (Ito et al., 2004). Since changes in the air-sea 

disequilibrium on glacial-interglacial timescales are unknown, we defined the notation, 

Ppre,AOU, indicating the AOU-based estimate of preformed phosphate and distinguish it 

from the true Ppre (Vollmer et al. 2022).  

Oxygen saturation weakly depends on salinity. Here, we approximate salinity 

change using the global mean salinity increase of  1 g/kg during the LGM (Adkins, 2002). 

An increase salinity of 1 g/kg causes a decrease of O2,sat of 2-3 µmol/kg. Similarly, 

temperature changes in the intermediate and deep ocean are relatively small (< 5 deg C) 

since the LGM (Bereiter et al., 2018). When temperature reconstructions in proximity were 

unavailable, we attributed a range of credible values (0 – 5 deg C) for the computations 

and error assessments. 

2.3 Results and Discussion 
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2.3.1 Updated Δδ13C – Paleo oxygen Calibration 

 

We demonstrated a linear correlation between Δδ13C values of C. wuellerstorfi or 

P. ariminensis and Globobulimina spp. with bottom water oxygen concentrations within 

the range of 103 to 293 µmol/kg (equation 7, Figure 16, Table 5, Table 6, Table 7) with an 

R2 of 0.64 and a standard error of 30 µmol/kg (1- sigma).  

O2
bot[M] = (Δδ13C − 0.44)/0.008 (7) 

The Δδ13C – O2 calibration from Hoogakker et al., 2015 found that in oxygenated 

conditions greater than 235 mol/kg, there was no relationship between Δδ13C and O2. 

However, this data was from pore and bottom water δ13C estimates and not δ13C from C. 

wuellerstorfi and Globobulimina spp. There could have been a potential error for 

determining the δ13C at the anoxic boundary within the sediment. This is why we 

determined a calibration using only benthic foraminifera and no pore or bottom δ13C data.   
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Figure 16 - Relationship between Δδ13C (the difference in δ13C between C. 

wuellerstorfi/P. ariminensis and Globobulimina spp.) and bottom-water oxygen 

estimated from WOA13 (Boyer et al., 2013). The study includes previously published 

data, shown in green, Hoogakker et al., 2015, 2018; Jacobel et al., 2020; Lu et al., 

2023; Mackensen & Licari, 2003; McKay et al., 2016; Schmiedl & Mackensen, 2006; 

Umling et al., 2018. New data from this study is shown in pink. Results are 

summarized in Table 5. 

The new calibration shown in Figure 16  has a larger error than the calibration found 

in Hoogakker et al., 2015. This could be due to a lack of Globobulimina spp. and C. 

wuellerstorfi measurements at some core locations or the incorporation of isotopically light 

δ13C in Globobulimina spp. There were six cores that only had either one C. 

wuellerstorfi/P. ariminensis or one Globobulimina spp. that was used to determine the 

Δδ13C at that core site. Additionally, the maximum Δδ13C standard error (1-sigma) found 

for any core site was 0.25 ‰ (Table 5). This corresponds to an oxygen error of 20 mol/kg 

(1-sigma). This highlights the importance of having multiple (>5) measurements for both 
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C. wuellerstorfi/P. ariminensis and Globobulimina spp. Additionally, there could be an 

incorporation of isotopically light δ13C in Globobulimina spp. through sulfate reduction or 

Globobulimina spp. denitrifying (Jacobel et al., 2020; McCorkle & Emerson, 1988). If 

there are specific regions where sulfate reduction or Globobulimina spp. denitrifying, this 

will artificially inflate any oxygen reconstructions. However, there is not any significant 

basin specific or depth specific differences in our calibration. This suggests that an 

expansion of the calibration is needed to better understand regions where this proxy could 

potentially not work.  

2.3.2 Glacial-Interglacial Changes in Oxygenation 

In general, there is an increase in oxygenation at shallow/intermediate depths 

(<1000 meters) and a decrease in oxygenation for deep depths (>1500 meters) during the 

LGM compared to modern (Figure 17). Jaccard & Galbraith, 2012 compiled qualitative 

changes in oxygenation from the LGM and Holocene, revealing similar findings. The 

increase in oxygenation for shallow/intermediate depths is partly due to an increase in 

oxygen solubility due to ocean waters being cooler during the LGM (Bereiter et al., 2018). 

A decrease of ocean temperatures by 0 - 5 degrees Celsius would lead in an increase in 

oxygen saturation by of up to 40 mol/kg. This increase of oxygen saturation can explain 

a significant amount of oxygen increase observed at the shallow/intermediate depths sites.  

The decrease in oxygenation for deep depths is most likely due to an increase in deep ocean 
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carbon storage through an increase in the biological pump efficiency. This is further 

explored in sections 2.3.2.1 and 2.3.2.2.  

 

Figure 17 - Phosphate (left), oxygen (middle), and preformed phosphate  (right) 

reconstructions for the south Indo-Pacific (top) and Eastern Equatorial Pacific 

(bottom) (cores summarized in Table 6, Table 7, Table 8). The preformed phosphate 

estimates for the eastern equatorial pacific cores use a depth-weighted linear 

interpolation of nearby oxygen reconstructions. The LGM reconstructions are shown 

in blue. The late Holocene reconstructions are shown in red. The modern climatology 

from WOA13 is shown in black (Boyer et al., 2013).  
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2.3.2.1 South Indo-Pacific Oxygen Reconstructions 

Since most of the cores lacked paired C. wuellerstorfi and Globobulimina spp., only 

two late Holocene reconstructions were performed. Overall, these late Holocene 

reconstructions agree with climatology (WOA13) within 2-sigma error (Figure 17).  

LGM oxygen reconstructions show higher oxygenation compared to modern in 

cores located in SAMW, most likely due to an increase in oxygen saturation (Figure 17). 

There are currently no temperature estimates for the SAMW during the LGM. However, 

the deeper AAIW likely cooled by about 3 degrees Celsius (Elmore et al., 2015). A cooling 

of 3 degrees Celsius leads to an increase of oxygen saturation of 25 μmol/kg. This is similar 

to the observed increase in oxygenation of ~40 μmol/kg. However, LGM oxygen 

reconstructions show lower oxygenation compared to modern in cores located in AAIW 

and CDW (Figure 17). Kohfeld et al., 2005, compiled productivity changes from the last 

glacial maximum to present using fluxes of specific biogenic components, radionuclides, 

and from degradation productions and found an increase in productivity near our South 

Indo-Pacific core sites. Authigenic Uranium (aU) reconstructions were performed nearby 

at intermediate depths (800 to 1500 meters) and saw an increase in aU (Durand et al., 2018). 

This increase in aU indicates a decrease in oxygenation during the LGM for AAIW, in 

agreement with our findings. One explanation for the decreases in oxygenation for our 

cores located in CDW and AAIW are most likely due to an increase in the biological pump 

efficiency. This is further explored in section .3.3. This is in agreement with other deep 
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ocean oxygen reconstructions (Gottschalk, Skinner, et al., 2016; Hoogakker et al., 2018; 

Jacobel et al., 2020; Umling et al., 2018). 

2.3.2.2 Eastern Equatorial Pacific Oxygen Reconstructions 

Due to the lack of a C. wuellerstorfi during the late Holocene, late Holocene oxygen 

reconstructions were performed at one core site: V19-28 (depth = 2720 meters)  (Kim et 

al., 2023). Most Late Holocene oxygen reconstructions are in agreement with modern 

climatology (within 2-sigma standard error), except for ODP-1242 (Jacobel et al., 2020). 

Disagreement between the Late Holocene reconstructions and climatology could be 

because G. affinis has the potential to live beneath the anoxic boundary within the 

sediment. This could allow G. affinis to incorporate isotopically light 13C through 

anaerobic processes, such as sulfate reduction (Jacobel et al., 2020; McCorkle & Emerson, 

1988). More isotopically light 13C will artificially inflate Δ13C, causing an 

overestimation of oxygen.  

Overall, we observe a decrease in oxygenation during the Last Glacial Maximum 

in deep waters (>1500 meters), in agreement with qualitative and quantitative oxygen 

proxies in the region (Figure 17) (Bradtmiller et al., 2010; Hoogakker et al., 2018; Jacobel 

et al., 2020). Additionally, we observe a strong increase in oxygenation during the Last 

Glacial Maximum in intermediate waters (<1000 meters) (Figure 17). This is in agreement 

with qualitative oxygen reconstructions from nitrogen isotopes in the region (Dubois et al., 
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2011; Robinson et al., 2009). Similarly, aU reconstructions in the EEP also show a 

qualitative decrease in oxygenation in deep waters (Bradtmiller et al., 2010). 

2.3.3 Glacial-Interglacial Changes in Preformed Phosphate and Implications to 

Atmospheric CO2 drawdown 

The preformed phosphate reconstructions show an increase in intermediate (<1500 

meters) core sites for both the Eastern Equatorial Pacific and the south Indo-Pacific during 

the LGM compared to modern (Figure 17, Table 9). The preformed phosphate in 

intermediate core sites for both the Eastern Equatorial Pacific and the south Indo-Pacific 

agree. This means that the biological pump efficiency was reduced during the LGM for the 

Subantarctic mode water and Antarctic intermediate waters, where these cores are sourced 

from. Productivity reconstructions in the subantarctic zone, where the subantarctic mode 

waters and Antarctic intermediate waters are formed show an increase in productivity 

(Kohfeld et al., 2013). This should reduce the preformed phosphate of these water masses. 

However, if the supply of nutrients to this region increased to a greater extent than the 

amount of productivity increased, this would cause an increase of the preformed phosphate 

signature. An increase of supply of nutrients to the surface can be due to enhanced Southern 

Ocean westerlies and corresponding upwelling during the LGM (e.g., Chen & Wang, 

2021). 

The preformed phosphate reconstructions show a strong decrease in deep waters 

(>2500 meters) core sites for both the EEP and south Indo-Pacific. This means that the 
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biological pump efficiency was increased during the LGM for the Circumpolar Deep 

waters (CDW). This agrees with other deep water preformed phosphate reconstructions 

globally (Vollmer et al., 2022).  

We can determine atmospheric pCO2 drawdown due to an increase in the biological 

pump efficiency using Ppre,AOU reconstructions (Vollmer et al., 2022). There is a theoretical 

relationship between atmospheric pCO2 and preformed phosphate of 121 ppm:1 mol/kg 

(Ito and Follows 2004). Vollmer et al., 2022 found that changes in the deep Indo-Pacific 

Ppre,AOU is similar to changes in global Ppre,AOU. Using the deep (>2000 meters) Indo-Pacific 

Ppre,AOU reconstructions in this study, we find an average decrease of Ppre,AOU of 0.63 ±

0.24 μmol/kg (2-sigma) during the LGM with respect to modern. This corresponds to a 

pCO2 drawdown of 76 ± 29 ppm (2-sigma), corresponding to the majority of the observed 

atmospheric pCO2 drawdown. This is similar to the pCO2 drawdown of 64±29 ppm (2-

sigma) determined in Chapter 1 using the average preformed phosphate change from 3 

deep cores in the South-Indo Pacific.  

2.3.4 Implications for South Pacific Circulation and Productivity during the LGM 

Compared to modern, the gradient for AOU and P between the deep South Indo-

Pacific and deep EEP, and the South Indo-Pacific and deep Arabian Sea, had relatively 

little change (Figure 18). AOU and P estimates for the EEP and south Indo-Pacific were 

determined by taking an average of all core-sites (>2000 meters) in that region. AOU and 

P estimates for the Arabian Sea were determined by taking an average of all core-sites 
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(>2000 meters) in that region (Boyle et al., 1995; Lu et al., 2023). The modern AOU and 

P gradient between the deep South Indo-Pacific and deep EEP is 63 ± 42 μmol/kg and 

0.63 ± 0.4 μmol/kg, respectively. The reconstructed LGM AOU and P gradient between 

the deep South Indo-Pacific and deep EEP is 53 ± 42 μmol/kg and 0.51 ± 0.4 μmol/kg. 

Additionally, the modern AOU and P gradient between the deep South Indo-Pacific and 

deep Arabian Sea is 49 ± 42 μmol/kg and 0.37 ± 0.4 μmol/kg, respectively. The 

reconstructed LGM AOU and P gradient between the deep South Indo-Pacific and deep 

Arabian Sea is 44 ± 42 μmol/kg and 0.42 ± 0.4 μmol/kg . 

 

1.5 2 2.5 3

P ( mol/kg)

100

150

200

250

300

350

A
O

U
 (

m
o

l/
k
g

)

AOU vs. P: Modern and LGM

Deep Indo-Pacific

Deep Eastern 

Equatorial Pacific

Deep Arabian Sea

LGM

Modern

O
2
:P Redfield Ratio



 

 

 

71 

Figure 18 - Relationship between Apparent Oxygen Utilization (AOU) and Phosphate 

(P) for the deep south Indo-Pacific, the deep Arabian Sea, and the Deep Eastern 

Equatorial Pacific (EEP). AOU and P reconstructions for the deep south Indo-Pacific 

and deep EEP are from an average of cores >2000 meters from this study. AOU and 

P reconstructions (cores > 2000 meters) for the deep Arabian Sea are from Boyle, 

1992; Lu et al., 2023. Error bars are the 1-sigma calibration error for both AOU and 

P. LGM reconstructions are shown in blue. Modern estimates from WOA13 are 

shown in red (Boyer et al., 2013). The Redfield ratio between Oxygen and Phosphate 

of 170:1 is shown in gray. 

There are three potential mechanisms for changes in oxygenation and phosphate 

during the LGM in the deep Indo-Pacific: (1) changes in overall pattern of export 

productivity, (2) changes in ocean circulation, or (3) changes in the preformed component 

of oxygen or phosphate. If there was an increase in productivity within the South Pacific 

along the circulation route, there would be an increase in the gradient of AOU and P. Our 

reconstructions do not show this (Figure 18). If there was a change in the source of deep-

water formation (i.e. pacific deep water formation), the AOU and P reconstructions would 

not follow the P:O2 Redfield ratio of 1:170. Some studies show evidence of deep-water 

formation during the LGM in the North Pacific (e.g. Okazaki et al. 2010, Rae et al. 2014, 

Yu et al. 2020). However, our reconstructions do not show a high oxygen source of deep 

water during the LGM (Figure 18). If there was a slowdown in deep-sea overturning 

circulation, there would be an increase in ventilation ages along the circulation route and 

an increase in the gradient of AOU and P. Our reconstructions do not support this (Figure 

18).  However, if there was a change in the preformed component of oxygen or phosphate, 

the phosphate and oxygen content where the deep-water formed (i.e. Southern Ocean), 
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there would be no change in the oxygen or phosphate gradient. This is a possible scenario 

based on our reconstructions (Figure 18).  

Overall, the patterns of productivity along the pathway of deep water in the South 

Indo-Pacific are uncertain. There are no clear signals of productivity changes in the western 

Arabian Sea or Eastern Equatorial Pacific during the Last Glacial Maximum. Productivity 

reconstructions show a reduction in the Western Arabian Sea during the Last glacial period 

(Anderson & Prell, 1993; Gupta et al., 2011; Ivanochko et al., 2005; Jung et al., 2002; 

Naidu & Malmgren, 1996; Singh et al., 2011). However, primary productivity estimates 

during the Last Glacial using percent of F. profunda show an increase in productivity (Zhou 

et al., 2022). Kohfeld et al., 2013 found increased export production in the subantarctic 

zone and decreased export production in the Antarctic zone. Kohfeld et al., 2013 found 

mixed signals on productivity changes in the EEP during the LGM. Authigenic uranium 

paired with oxygenation reconstruction show a lower export production during the LGM 

in the Eastern Equatorial Pacific (Umling et al., 2018). Additionally, 231Pa/230Th show a 

reduction in productivity during the LGM  (Costa et al., 2017).  

There were older ventilation ages in the deep Indian and Pacific Ocean during the 

LGM (Rafter et al., 2022). This allows for more accumulation of nutrients and oxygen 

utilization, causing an increase in the AOU and phosphate gradient. However, the 

difference between the ventilation age of the S.O. at 40 degrees south where our deep Indo-

Pacific oxygen and phosphate reconstructions are and the EEP had little change during the 
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LGM with respect to the modern (Rafter et al., 2022). This would cause little change in the 

AOU and P gradient. 

Overall, our oxygen and phosphate reconstructions coupled with no conclusive 

evidence on surface productivity changes along the route of circulation and no significant 

change in the difference of ventilation age between the South Indo-Pacific and Eastern 

Equatorial Pacific cores points to no significant changes in ocean circulation or 

productivity in the South Indo-Pacific, excluding the Southern Ocean. There is no evidence 

for other sources of other deep water formation sites. The reconstructions reinforce the idea 

that the Southern Ocean had a pivotal role in reducing atmospheric CO2, potentially 

through greater nutrient utilization, resulting in a noticeable decline in oxygen and 

phosphate levels in the deep South Indo-Pacific and Eastern Equatorial Pacific regions. 

However, more ventilation age reconstructions and productivity reconstructions are needed 

to fully understand the dynamics of the South Indo-Pacific.  

2.3.5 Implications for Global Deep Ocean Circulation during the LGM 

Combining our LGM AOU and P reconstructions from the South Indo-Pacific and 

Eastern Equatorial Pacific with previous published reconstructions of AOU and P from all 

ocean basins (Chapter 1),  we can investigate changes in the global deep ocean circulation. 

The phosphate and AOU reconstructions for all core-sites follow the Redfield ratio 

between O2 and P, unlike the modern AOU and P configuration, supporting the idea that 

there was a single origin of deep-water formation with contact to the atmosphere during 
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the LGM in the North Atlantic (Figure 19). In our modern climate state, there are two 

regions of deep-water formation, the North Atlantic and Southern Ocean. The north 

Atlantic forms North Atlantic deep water (NADW), where it flows through the interior of 

the Atlantic Ocean and upwells in the Southern Ocean. The Southern Ocean forms 

Antarctic Bottom Water (AABW) where it flows in the Pacific Ocean and mixes with 

NADW and other intermediate waters to form Circumpolar deep water (CDW). During the 

LGM, sea-ice expanded, potentially creating a lid for the upwelled North Atlantic sourced 

deep water that prevents outgassing to the atmosphere (Lund et al., 2021; Sigman et al., 

2010). If this deep water cannot equilibrate with the atmosphere, it would maintain its high 

carbon/low oxygen and preformed phosphate characteristics before it forms AABW and 

CDW. This points towards the North Atlantic as a single source of deep-water origin with 

contact to the atmosphere during the LGM, where the water flows southward and 

encounters a sea-ice lid and consequently fills the deep ocean interior. However more 

oxygen, phosphate, and preformed phosphate reconstructions are needed to better constrain 

this.  

There are two different AOU reconstructions shown in the deep S. Atlantic core, 

one uses the δ13C from benthic foraminifera C. wuellestorfi and the other from C. 

kullenbergi (Gottschalk et al., 2016a; Gottschalk et al., 2016b). It is thought that C. 

wuellerstorfi better represent bottom-water conditions than C. kullenbergi due to its more 

epifaunal habitat. More reconstructions in the deep South Atlantic can better constrain the 

AOU and P estimates in this region.  
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Figure 19 - Relationship between Apparent Oxygen Utilization (AOU) and Phosphate 

(P). AOU and P reconstructions for the deep south Indo-Pacific and deep EEP are 

from an average of cores >2000 meters from this study. AOU and P reconstructions 

for the deep Arabian Sea, deep S. Atlantic, deep N. Atlantic, and shallow N. Atlantic 

are from Boyle, 1992; Boyle et al., 1995; Gottschalk et al., 2016; Gottschalk et al., 

2016; Hoogakker et al., 2015, 2018; Lu et al., 2023; Marchitto & Broecker, 2006; 

Martin et al., 2005; McKay et al., 2016; Mojtahid et al., 2017; Roberts et al., 2016; 

Rosenthal et al., 1997; Schmiedl & Mackensen, 2006; Skinner et al., 2003; Umling et 

al., 2018. AOU and P error bars are the 1-sigma calibration error for both AOU and 

P. LGM reconstructions are shown in blue. Modern estimates from WOA13 are 

shown in red (Boyer et al., 2013). The Redfield ratio between Oxygen and Phosphate 

of 170:1 is shown in gray. 
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2.4 Conclusions 

The deep Indo-Pacific has been thought as a prime region of increased respired 

carbon storage during the LGM allowing for a reduction of atmospheric CO2 during the 

Last Glacial Maximum ( Allen et al., 2020; Bradtmiller et al., 2010; Hoogakker et al., 2018; 

Jacobel et al., 2020; Umling et al., 2018). However, the cause of this increased respired 

carbon storage is not fully constrained. Here, we updated the ∆13C paleo-oxygen proxy to 

31 cores. Using this updated ∆13C paleo-oxygen proxy, we present for the first time a 

LGM O2, P, and Ppre,AOU depth profile in the South Indo-Pacific and Eastern Equatorial 

Pacific. Our paired phosphate and oxygen reconstructions show little to no changes in the 

gradient of AOU and P between the deep Eastern Equatorial Pacific and deep South Indo-

Pacific, indicating that the observed changes in oxygen and phosphate are most likely 

caused from changes in the Southern Ocean.  Lastly, our deep Indo-Pacific and deep 

Eastern Equatorial Pacific LGM preformed phosphate reconstructions suggest that the 

enhanced efficiency of the biological pump in areas where deep water is formed accounts 

for the majority of the reduced levels of glacial CO2. 
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CHAPTER 3. CHANGES IN THE SOUTHEAST ATLANTIC 

OXYGEN MINIMUM ZONE DURING THE LAST GLACIAL 

MAXIMUM  

3.1 Introduction 

Oxygen minimum zones (OMZ) hold critical significance in the study of marine 

ecosystems and global biogeochemical cycles. These zones are characterized by low levels 

of dissolved oxygen and play a pivotal role in shaping the distribution and behavior of 

marine life. Understanding the changes in OMZs is vital for sustainable fisheries 

management, as they often coincide with regions of high biological activity (Long et al., 

2021). Under a warming climate, oxygen minimum zones are predicted to expand 

(Stramma et al., 2008). Understanding the changes in the OMZs during the Last Glacial 

Maximum (LGM) will provide insight on how oxygen minimum zones might change in 

the future.  

In the modern ocean, the Southeast Atlantic has an OMZ along the Benguela Current. 

The Benguela Current is a cold ocean current that courses along the southwestern coast of 

Africa in the Atlantic Ocean. It is a constituent of the South Atlantic Gyre, which is a 

combination of ocean currents that rotate around the South Atlantic Ocean (Garzoli & 

Gordon, 1996). Due to the waters being on the Eastern margin of the ocean basin, they 

have been out of contact with the atmosphere longer, so they will have more of the original 
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oxygen depleted from the regeneration of organic matter. Additionally, the Benguela 

Upwelling System is instigated by wind-induced coastal upwelling and offshore Ekman 

transport. The coastal upwelling results in the upwelling of cold nutrient-laden deep waters 

to the surface. The upwelling of these deep waters gives rise to the emergence of an oxygen 

minimum zone. In general, the OMZ in the Benguela Upwelling System is situated from 

about 100 meters to 600 meters. The Benguela Upwelling System traverse the latitudinal 

range of 10 deg S to 35 deg S, demarcated by the Angola-Benguela Frontal Zone and 

Agulhas retroflection (Shannon & Nelson, 1996).  

The main water masses of the Benguela Current are: South Atlantic Central Water, 

Antarctic Intermediate Water (AAIW), and North Atlantic Deep Water (NADW). South 

Atlantic Central Water is found up to around 600 meters and include a mixture of other 

central and mode waters (Lamont et al., 2015; Stramma & England, 1999). The OMZ is 

located within this water mass, with oxygenation values under 50 mol/kg. AAIW is found 

to depths around 1000 meters and is characterized by relatively lower temperature and 

salinity compared to South Atlantic Central Waters, but higher levels of oxygenation (~100 

– 150 mol/kg). It originates in the Southern Ocean and enters the Benguela Current via 

the Alguhas current system (Stramma & England, 1999). Lastly, the North Atlantic Deep 

Water originates from the North Atlantic is found at depths below 1000 meters in this 

region (Stramma & England, 1999). It is characterized by relatively high levels of oxygen, 

low temperatures, and high salinity.  
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The LGM occurred around 20,000 years ago when ice sheets were at their greatest 

extent across Earth’s surface in recent history. In this period, atmospheric CO2  was 80 – 

100 ppm lower than pre-industrial levels (EPICA community members, 2004). This 

lowering of atmospheric CO2 was accompanied with a decrease in ocean temperatures of 

about three degrees (Bereiter et al., 2018). There are three ways oxygen concentration can 

change in the past: (1) changes in oxygen saturation, through changes in ocean temperature 

and salinity, (2) changes in surface productivity, and/or (3) changes in ocean circulation. 

Due to ocean temperatures being cooler during the LGM, oxygen saturation is expected to 

increase, potentially shrinking oxygen minimum zones. However, changes in surface 

productivity LGM is still debated. Mollenhauer et al., 2002 found using total organic 

carbon mass accumulation rates enhanced productivity during the LGM along the Benguela 

Upwelling System. Lu et al., 2020 compiled authigenic Uranium reconsturctions (aU) to 

investigate changes in productivity. Along the Benguela Upwelling System, aU 

reconstructions mostly found an increase in productivity during the LGM. Lastly, a more 

sluggish circulation during the LGM would cause a decrease in oxygenation, due to an 

increase time for organic matter remineralization. Though there are no reconstructions of 

the South Atlantic Central Waters strength during the LGM, AMOC strength 

reconstructions are ambiguous. Some reconstructions shown an a more vigorous 

circulation (Bradtmiller et al., 2014; Lippold et al., 2012). Other reconstructions show a 

weakened circulation (Freeman et al., 2016; Skinner et al., 2017).  
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Jaccard and Galbraith aggregated qualitative LGM oxygen reconstructions, which 

indicated reduced oxygenation in the deep ocean (>1000 meters) due to heightened carbon 

storage from respiration, and decreased oxygenation in the shallow/intermediate ocean 

(<1000 meters) owing to increased oxygen saturation. While there have been two 

quantitative oxygen reconstructions in the Peruvian and Arabian Sea OMZs, this study 

represents the first quantitative oxygen reconstruction in the Southeast Atlantic OMZ 

within the Benguela Upwelling System. 

Here, we apply the updated Δδ¹³C – O2 paleo-oxygen calibration from Chapter 2 to 

reconstruct oxygen for 3 cores found within or near the Benguela Upwelling System to 

understand changes in the OMZ during the LGM.   

3.2 Material and Methods 

3.2.1 Foraminiferal Carbon Isotope Data 

The cores used in this analysis were sourced from the Southeast Atlantic (Lynch‐

Stieglitz et al., 2006). C. wuellerstorfi and P. ariminensis  𝛿13C data come from (Lynch‐

Stieglitz et al., 2006). We supplement this with newly generated carbon isotope data for 

Globobulimina spp. from the Last Glacial Maximum and Late Holocene. We use 

previously published Holocene and LGM time slices, which were chosen based on the 

benthic and planktonic isotope stratigraphy (Lynch‐Stieglitz et al., 2006). 𝛿18O and 𝛿13C 

measurements were conducted on a Thermo MAT253 Stable Istope Mass Spectrometer 
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coupled to a Kiel IV Carbonate Device at the Georgia Institute of Technology. 

Globobulimina spp. was picked from the >250 uM size fraction and measured individually. 

𝛿18O and 𝛿13C measurements were converted to PDB using an in-house standard, NBS-18, 

and NBS-19. Reproducibility of the in-house standard was less than 0.1‰ for 𝛿18O and 

less than 0.05‰ for 𝛿13C (1-sigma). The data is shown in Table 10, Table 11, Table 12. 

3.2.2 Reconstruction of Bottom-Water Oxygen 

We use the carbon isotope gradient (Δδ¹³C) between epifaunal foraminifera 

(Cibicoides wuellerstorfi and Planulina ariminensis) and deep infaunal benthic 

foraminifera species (Globobulimina spp.) bottom water oxygen calibration to reconstruct 

oxygen in the Southeast Atlantic, shown in chapter 2 (Equation 7). C. wuellerstorfi and P. 

ariminensis lives in the on top of the sediment in the bottom water. Globobulimina spp. 

migrates within the sediment column where the anoxic boundary occurs. Consequently, 

δ¹³C of C. wuellerstorfi and P. ariminensis represents bottom-water δ¹³C. δ¹³C of 

Globobulimina spp. represents the anoxic pore-water δ¹³C. Increase levels of oxygen at the 

sediment-water interface leads to a greater release of isotopically light δ¹³C into pore-

waters, thereby amplifying the δ¹³C gradient between bottom waters and the anoxic pore 

waters. There is a strong linear relationship between Δδ¹³C and bottom water oxygen up to 

293 μmol/kg (Equation 7). The standard error of the associated linear regression is 30 

μmol/kg (1-sigma). 

3.3 Results and Discussion 
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3.3.1 Glacial-Interglacial Changes in the Southeast Atlantic 

Late Holocene and LGM oxygen reconstructions were determined for all three 

core-sites (V29-140, V19-258, V19-259). Figure 20 shows the location of the three core 

sites. V19-258 and V19-259 are directly in the Benguela Upwelling System. However, 

V29-140 is slightly north of the Benguela Upwelling System. However, the oxygen profiles 

at V29-140 and V19-258/V19-259 are similar (Boyer et al. 2013).  Figure 21 (left) shows 

the down-core record of the δ¹³C P. ariminensis/C. wuellerstorfi and Globobulimina spp. 

As the difference in δ¹³C of P. ariminensis/C. wuellerstorfi and Globobulimina spp. 

decreases, bottom-water oxygen increases. The scatter in the δ¹³C of Globobulimina spp. 

at all core-sites highlights the importance of multiple measurements at each depth to obtain 

a reliable oxygenation estimate.  
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Figure 20 - Location of core-sites. V29-140 is labeled as 1. V19-258 is labeled as 2. 

V19-258 is labeled as 3. 
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Figure 21 - (left) δ¹³C record of C. wuellerstorfi and Globobulimina spp. for each core. 

(right) Oxygen reconstruction for each core using the updated calibration from 

equation 7. Red represents late Holocene time slice. Blue represents LGM time slice. 

The yellow star represents modern oxygenation based on World Ocean Atlas 2013 

(Boyer et al. 2013).  

The oxygen reconstructions in Figure 21 are based on late Holocene and LGM 

depths with both δ¹³C values of Globobulimina spp. and P. ariminensis/C. wuellerstorfi. In 

Figure 22, oxygen reconstructions are averaged across all late Holocene or LGM depths, 

irrespective of species being found at the same depth within a core. Overall, late Holocene 

oxygen reconstructions for V19-258 (depth = 965 m) and V19-259 (depth = 1170 m), the 

two deepest cores, agree with modern oxygen estimates from World Ocean Atlas 2013 
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(Figure 21 (right), Figure 22, Table 4). However, late Holocene oxygen reconstruction for 

V29-140 (depth = 712 m) slightly underestimate the modern oxygen estimates. For this 

core, late Holocene δ¹³C values of Globobulimina spp. are derived from only 2 depths. At 

a single depth within a core, the δ¹³C for Globobulimina spp. can have a range that exceeds 

1‰. This limited late Holocene data may contribute to the slight underestimation.   
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Figure 22 - Late Holocene and LGM oxygen reconstructions for V29-140, V19-258, 

V19-259. The LGM oxygen reconstructions for each core-site are shown at a depth 

120 meters less than the modern depth due to lower sea level during the LGM (Clark 

& Mix, 2002). The errors shown are the RMSE from the calibration. Modern O2 

profile is from WOA13 at latitude: 19.5 degrees south and longitude: 10.5 degrees . 

 

 

Table 4 - Summary of oxygen reconstructions for the LGM and late Holocene for 

V29-140, V19-258, and V19-259. 

    

Globobulimina 

spp. δ13C (per 

mille) 

C. 

wuellerstorfi/P. 

ariminensis 

δ13C (per mille) O2 (µmol/kg) 

Core Lat. Long. 

Depth 

(m) Late Hol. LGM late Hol. LGM Modern 

Late 

Hol. LGM 

V29-140 -3.1 9.3 719 -0.15 -1.51 0.59 0.45 82 38 190 

V19-258 -20.4 11.6 965 -1.10 -0.87 0.62 0.40 150 160 104 

V19-259 -19.9 11 1170 -1.03 -0.41 0.63 0.47 170 151 54 
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The shallowest core (V29-140) is located within the South Atlantic Central Waters. 

South Atlantic Central Waters originate from the subduction of subtropical mode waters 

(Y. Chen et al., 2022). Overall, we found an increase in oxygenation in the South Atlantic 

Central Waters. One potential factor for this increase in oxygenation is an increase in 

oxygen solubility during the LGM  due to cooler ocean temperatures.  There are currently 

no temperature estimates at this depth in the Southeast Atlantic. However, the deeper 

AAIW likely cooled by about 3 degrees Celsius (Elmore et al., 2015). A cooling of 3 

degrees Celsius leads to an increase of oxygen saturation of only around 25 μmol/kg. This 

is minor in comparison to the ~130 μmol/kg increase in oxygenation observed at V29-140. 

This suggests that alterations in ocean circulation or surface productivity are the primary 

drivers of the observed change. The next deepest core (V19-258) is located within the 

Antarctic Intermediate Waters. There is little to no change in oxygenation compared to 

modern at this location. The deepest core (V19-259) is located with the NADW.  We see a 

significant decrease in oxygenation of ~100 μmol/kg in agreement with other deep ocean 

oxygen reconstructions (Gottschalk, Skinner, et al., 2016; Hoogakker et al., 2015, 2018; 

Vollmer et al., 2022).  

Lu et al., 2020 reconstructed changes in oxygen at a core-site (1997 meters deep) 

in the Benguela Upwelling System using I/Ca and found no time period with anoxic oxygen 

levels over the last 240,000 years. This agrees with our oxygen reconstructions. 

Additionally, nitrogen isotope reconstructions in this region show higher oxygenation 
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during the LGM, in agreement with our shallow (V29-140) quantitative oxygen 

reconstruction (Jaccard & Galbraith, 2012).  

Quantitative oxygen reconstructions have been conducted in the Arabian Sea and 

Peruvian margin oxygen minimum zones (OMZs) (Glock et al., 2022; Lu et al., 2023). In 

the Arabian Sea, OMZ levels remained consistently low (<50 μmol/kg) based on aU and 

I/Ca reconstructions, suggesting no expansion or shift during the Last Glacial Maximum 

(LGM).  However, δ¹³C reconstructions show an increase in oxygenation within the OMZ 

during the LGM of around 75 μmol/kg (Lu et al., 2023). This magnitude of change is 

similar to the oxygen increase of ~135 μmol/kg found at core V29-140, also located within 

an OMZ.  

Glock et al., 2022 reconstructed oxygen off the coast of Peru using the pore-density 

of epibenthic foraminifera. They observed higher oxygenation within the OMZ during the 

LGM compared to the late Holocene, consistent with other quantitative proxies (Erdem et 

al., 2020; Scholz et al., 2014) and qualitative proxies (Jaccard & Galbraith, 2012). 

However, unlike our reconstruction, they did not identify any structural shift in the OMZ. 

3.3.2 Potential Mechanisms for the Shift in the OMZ 

We observed a downward shift of the OMZ during the LGM for the Southeast 

Atlantic (Figure 22). Changes in oxygen saturation could not explain the significant change 

in oxygenation at all the core-sites. A compilation of paleo-productivity suggests generally 
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higher productivity in the southeast Atlantic during the LGM relative to the late Holocene 

(Mollenhaur et al. 2002, Lu et al. 2020). This would have led to increased oxygen 

consumption in the water column, leading to a reduction in oxygen concentrations and 

ultimately reinforcing the OMZ. This is contrary to the observed increase of oxygenation 

found at the shallowest core site (Figure 22). Consequently, an increase oxygen supply to 

depths of 600 meters through improved ventilation is required to explain this increase in 

oxygenation. Little no change in oxygenation for V19-258, core within the AAIW, is 

observed in other cores sampling AAIW in the South Indo-Pacific (Chapter 2). A decrease 

in oxygenation for V19-259 agrees with other deep ocean (> 1000 meters) oxygen 

reconstructions, most likely due to an increase in deep ocean storage of respired carbon 

through an increase in the biological pump efficiency. Overall, the observed shift in the 

OMZ can be explained by an increase of oxygenation for in the upper water column (0 – 

600 meters) through an increase in ventilation and a decrease in oxygenation for the deep 

ocean (>1000 meters) through an increase in deep ocean respire carbon storage through an 

increased biological pump efficiency.   

3.4 Conclusions 

Applying the updated oxygen calibration discussed in Chapter 2, we conducted three 

additional oxygen reconstructions in the Southeast Atlantic near the Benguela Upwelling 

System. Our findings indicate a deepening of the OMZ during the LGM, characterized by 

heightened oxygen levels at the shallowest site (V29-140) and reduced oxygenation at the 
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deepest site (V19-259). These results align qualitatively with existing oxygen 

reconstructions in the area (Jaccard et al 2012). However, the extent of oxygenation 

increase at the shallowest site (V29-140) cannot be fully explained by an increase of 

oxygen saturation or a decrease in productivity. Additional LGM oxygen reconstructions 

at shallower depths (<600 meters) and LGM ventilation age assessments would offer more 

precise insights into the dynamic shifts in the OMZ in the Southeast Atlantic. 
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CHAPTER 4. SUGGESTION ON FUTURE WORK 

The reconstruction of oxygen and nutrient levels in the past ocean is crucial for 

understanding past environmental conditions. By examining the variations in oceanic 

oxygen and nutrients concentrations during the past, we developed further understanding 

on climate dynamics, ocean circulation patterns, and biogeochemical processes. Such 

reconstructions provide a valuable context for interpreting present-day changes and 

predicting future trends. This thesis has developed a new method to reconstruct preformed 

phosphate in the past using a combination of quantitative oxygen, phosphate, and 

temperature reconstructions. The number of preformed phosphate reconstructions were 

limited due to the limit on quantitative oxygen estimates.  

Chapter 1 describe a method of reconstructing preformed phosphate during the LGM 

using a combination of quantitative oxygen, phosphate, and temperature reconstructions. 

The number of preformed phosphate reconstructions were limited on the amount of paired 

oxygen and phosphate reconstructions. We used only 3 preformed phosphate 

reconstructions in the deep Indo-Pacific to evaluate the amount of pCO2 decrease due to 

an increase in the biological pump efficiency. Increase preformed phosphate reconstruction 

in regions of deep-water formations can help better constrain this estimate.  Additionally, 

there is a higher resolution core found off the coast of New Zealand (RR0503-87) where 

we can reconstruct preformed phosphate to help investigate temporal changes in the 
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biological pump efficiency since the Last Glacial Maximum for southern sourced 

intermediate waters.  

Additionally, in chapter 1, I reconstructed preformed δ¹³C using oxygen and 

temperature estimates in the past. Using a combination of preformed δ¹³C reconstructions 

and δ¹³Cas (method laid out in Lynch-Stiegltiz et al 1996) can help us better understand air-

sea exchanges in the past.  

Chapter 2 updated the Δδ¹³C – O2 paleo-oxygen proxy from six cores (Hoogakker et 

al., 2015) to 31 cores, globally. However, the mechanism for the imperfect relationship is 

still not fully understood.  While initial models have been used to investigate this 

relationship (McCorkle & Emerson, 1988), using a more complex marine sedimentary 

carbonate diagenesis model (e.g. Kanzaki et al., 2021) can help explore the different 

mechanisms control the distribution of δ¹³C with the sediment and the δ¹³C signature of 

Globobulimina spp. More specifically, it would be interesting to evaluate the role of carbon 

export flux on Δδ¹³C. 

Chapter 3 reconstructed oxygen in the Southeast Atlantic at three core-sites near or 

within the Benguela Upwelling System OMZ. Many cores within this region do not have 

paired infaunal Globobulimina spp. and epifaunl C. wuellerstorfi. This means that we 

cannot reconstruct oxygen using the Δδ¹³C – O2 paleo-oxygen proxy.  However, recently 

there have been new ways to quantify oxygen in the past using the pore-area on benthic 

foraminifera (Rathburn et al., 2018).  More oxygen reconstructions in this area can better 
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constrain the changes in the OMZ during the LGM.  Additionally, there is a lack of 

phosphate reconstructions in this area. A combination of phosphate and oxygen 

reconstructions can help reconstruct preformed phosphate in the past for this region to 

better constrain the role of the biological pump efficiency during the LGM for each water 

mass.  
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 APPENDIX A.  SUPPLEMENTARY INFORMATION TO “PROXY-

BASED PREFORMED PHOSPHATE ESTIMATES POINT TO 

INCREASED BIOLOGICAL PUMP EFFICIENCY AS PRIMARY 

CAUSE OF LAST GLACIAL MAXIMUM CO2 DRAWDOWN 

A.1  Introduction 

Here we show a summarization of the data contributing to the estimates of 

preformed phosphate and preformed δ13C (Section A.2) and how the errors for these 

estimations were determined (Section A.3).  

A.2  Core Data Summary 

Below we summarize the data contributing to the estimates of preformed PO4 and 

δ13C at each site where pore water oxygen reconstructions are available.  All data has been 

previously published in studies by other authors, and the original sources are indicated.  

 For all site locations, current estimates of phosphate, oxygen, temperature, and 

salinity are taken from World Ocean Atlas 2013 (WOA13) as a linear interpolations at the 

latitude, longitude, and depth where the oxygen reconstructions are located (Boyer et al., 

2013). For all core-sites, Late Holocene bottom-water temperature and salinity are taken 

as the WOA13 estimate.   
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 For all core-sites, LGM salinity is assumed to be 1 PSU larger than the current 

WOA13 salinity respective estimates(Boyer et al., 2013). We assume that LGM bottom-

water temperatures were 0 - 5 ◦C lower than modern WOA13 values at the core sites, 

GeoB3004-1, MD99-2328, and ODP-1242, where there are no LGM temperature 

reconstructions, incorporating this large range into our error estimates.  While there are 

few published estimates of intermediate water temperature in the far North Atlantic, 

Antarctic Intermediate Water likely cooled by about 3°C (Elmore et al., 2015), and the 

whole ocean volume is estimated to have cooled by 2.57±.24°C (Bereiter et al., 2018). 

Core: MD07-3076Q: 

Last Glacial Maximum (LGM) C. wuellerstrofi δ13C is an average of 6 

measurements at down-core depths from 1.355 to 1.445 meters (19.223 ka BP - 20.374 ka 

BP) (Gottschalk et al., 2016).   LGM G. affinis δ13C is   an average of 14 measurements at 

depths from 1.345 to 1.605 meters (19.132 ka BP - 22.733 ka BP)(Gottschalk et al., 2016). 

LGM Temperature is from Uvigerina spp. Mg/Ca and is an average of 8 measurements at 

depths from 1.365 to 1.625 (19.268 ka BP - 21.4745 ka BP) (Roberts et al., 2016). LGM 

sea-water cadmium (Cdw) is estimated to be the average of LGM values at nearby core-

sites: RC12-292, RC12-267, and RC12-294 (Boyle, 1992; Marchitto & Broecker, 2006; 

Rosenthal et al., 1997). 

Core MD95-2042: 
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LGM C. wuellerstorfi δ13C is an average of 6 measurements at down-core depths 

from 6.12 to 7.12 meters (19.087 ka BP - 21. 65 ka BP) (Hoogakker et al., 2015). LGM G. 

affinis δ13C is an average of 33 measurements at depths from 6.12 to 7.64 meters (19.087 

ka - 22.983 ka) (Hoogakker et al., 2015). LGM Temperature is from G. affinis Mg/Ca and 

is an average of 18 down-core depths from a nearby core-site, MD99-2334K: 19.079 ka 

BP to 22.966 ka BP (Skinner et al., 2003). LGM Cdw is estimated to be the average of LGM 

values at nearby core-sites  V30-97, CHN82-4, CHN82-11, and IOS82-PC-SO1(Boyle, 

1992; Marchitto et al., 2002; Marchitto & Broecker, 2006). 

Core GeoB3004-1: 

Late Holocene C. wuellerstorfi δ13C is an average of six measurements at down-

core depths from 0.03 to 0.28 meters (0.6 ka BP - 5.4 ka BP) (Schmiedl & Mackensen, 

2006). Late Holocene G. affinis δ13C is an average of six measurements at depths from 0.03 

to 0.28 meters (0.6 ka BP - 5.4 ka BP) (Schmiedl & Mackensen, 2006). Late Holocene Cdw 

is taken as the average of nine values from a nearby core-site, MD76-135, at depths from 

0 to 70 cm (0 ka BP - 5.74 ka BP) (Boyle et al., 1995). 

LGM C. wuellerstorfi δ13C is an average of seven measurements at down-core 

depths from 1.03 to 1.33 meters (19.2 ka BP - 22.8 ka BP) (Schmiedl & Mackensen, 2006). 

LGM G. affinis δ13C is an average of 6 measurements at depths from 1.03 to 1.33 meters 

(19.2 ka BP - 22.8 ka BP) (Schmiedl & Mackensen, 2006). LGM Cdw is taken as the 
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average of nine values from a nearby core-site, MD76-135, at depths from 220 - 232 cm 

(19.77 ka BP - 23.54 ka BP) (Boyle et al., 1995). 

Core MD99-2328: 

LGM C. wuellerstorfi δ13C is an average of 22 measurements at down-core depths 

from 1.03 to 1.33 meters (19.2 ka BP - 22.8 ka BP) (Mojtahid et al., 2017). LGM G. affinis 

δ13C is an average of three measurements at depths from 11.2 to 19.6 meters (19.18 ka BP 

- 21.43 ka BP) (Mojtahid et al., 2017). LGM Cdw is interpolated from  the LGM 

compilation in Marchitto & Broecker (2006). 

Core TR163-23: 

LGM C. wuellerstorfi δ13C is an average of two measurements at down-core depths 

from 184.5 to 189.5 cm (22.7 ka BP - 22.8 ka BP) (Umling et al., 2018). LGM G. affinis 

δ13C is the measurement  at depth 174.5 cm (21.1 ka BP) (Umling et al., 2018). LGM 

temperature is from C. wuellerstorfi Mg/Ca, and is an average of six measurements from a 

nearby core-site, TR163-20B, at depths from 99 - 124 cm ( Martin et al., 2005). LGM Cdw 

is an average of three values at depths from 179.5 to 189.5 cm (21.7 ka BP - 22.8 ka BP) 

(Umling et al., 2018). 

Core TR163-25: 
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Late Holocene C. wuellerstorfi δ13C is an average of five measurements at down-

core depths from 0.005 to 0.2 meters (3.8 ka BP - 5.7 ka BP) (Hoogakker et al., 2018). Late 

Holocene G. affinis δ13C is an average of four measurements at depths from 0.005 to 0.05 

meters (3.757 ka BP - 4.204 ka BP) (Hoogakker et al., 2018). Late Holocene Cdw is 

estimated to be an average of Late Holocene values of  nearby core-sites, TR163-23, V19-

29, V19-30, TR163-31B, KNR73-3JPC and KNR73-4JPC (Boyle, 1992; Umling et al., 

2018). 

LGM C. wuellerstorfi δ13C is an average of six measurements at down-core depths 

from 1.03 to 1.605 meters (21.1 ka BP - 22.7 ka BP) (Hoogakker et al., 2018). LGM G. 

affinis δ13C is an average of 14 measurements at depths from 1.03 to 1.605 meters (19.2 ka 

BP - 22.8 ka BP) (Hoogakker et al., 2018). LGM temperature is from C. wuellerstorfi 

Mg/Ca and is an average of six measurements from a nearby core-site, TR163-20B, at 

depths from 99 - 124 cm(P. Martin et al., 2005). LGM Cdw is estimated to be an average 

of LGM values of nearby core-sites, TR163-23, V19-29, V19-30, TR163-31B, KNR73-

3JPC and KNR73-4JPC (Boyle, 1992).  

A down-core record for Cdw exists for core TR163-25 (Umling et al., 2018). However, the 

LGM Cdw at this site is 2 standard deviations outside the mean of the nearby cores. Because 

of this, we excluded this data point in our estimates for TR162-35 LGM and Late Holocene 

Cdw. 

Core ODP-1242: 



 

 

 

99 

Late Holocene C. wuellerstorfi δ13C is an average of 17 measurements at  down-

core depths from 0.05 to 1.05 meters (0.285 ka BP - 5.985 ka BP) (Hoogakker et al., 2018). 

Late Holocene G. affinis δ13C is an average of 17 measurements at depths from 0.01 to 

5.985 meters (0.057 ka BP - 5.985 ka BP) (Hoogakker et al., 2018). Late Holocene Cdsw is 

the average of four values from a nearby core-site, V19-27, at depths from 6 to 49 cm 

(Boyle, 1992). 

LGM C. wuellerstorfi δ13C is an average of five measurements at down-core depths 

from 1.03 to 1.605 meters (21.1 ka BP - 22.7 ka BP) (Hoogakker et al., 2018). LGM G. 

affinis δ13C is an average of seven measurements at depths from 1.03 to 1.605 meters (19.2 

ka BP - 22.8 ka BP) (Hoogakker et al., 2018). LGM Cdw is an average of four values from 

a nearby core site, V19-27, at depths from 108.5 to 127.5 cm (Boyle, 1992). 

A.3  Calculation of Ppre,AOU, Preformed 𝛅𝟏𝟑𝐂𝐩𝐫𝐞,𝐀𝐎𝐔 Error, and pCO2 Drawdown 

Error  

The 1-sigma standard error on the estimate for C. wuellerstorfi δ13C and G. affinis 

δ13C for each location is calculated using the data from the depths that are averaged to 

determine the average value at each core site for each time horizon. The error associated 

with the conversion of ∆δ13C to O2 is the root mean squared error (RMSE) associated with 

the linear fit of the calibration: 0.135 µmol/kg (Figure 3). The error associated with the 

conversion of AOU to Preg is 10 [μM] (Anderson & Sarmiento, 1994). The error associated 

with the conversion of AOU to  𝛿13𝐶𝑟𝑒𝑔 is 0.06 [μM−1] (Broecker & Maier-Reimer, 1992). 
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The error associated with the conversion of Cdw to P is the RMSE associated with the 

nonlinear fit of the calibration: 0.3 µmol/kg (Figure 1).   

The error on the derived quantities, Ppre,AOU and δ13Cpre,AOU, are first determined 

by propagating all of the above errors into the final error estimates. There is an additional 

source of error when determining global Ppre,AOU from the two deep Equatorial Pacific and 

the deep Arabian sea sites. The first error comes from the scatter of the change in Ppre,AOU 

at these locations: the 2-sigma standard deviation is 0.11 µM. Another source of error is 

the extrapolation from average Ppre,AOU at these three sites to the global change in Ppre,AOU. 

Figure 4 shows a potential overestimation of the changes to the global Ppre,AOU by 4%. 

Including this uncertainty, we get a total error of 0.13 µM for the global change in Ppre,AOU.  

For a 0.53±0.13 µM change of preformed phosphate, this will correspond to an 

error of 16 ppm to the pCO2 drawdown, when assuming that Ppre,AOU changes completely 

represent changes in true Ppre. Changes in sea-ice extent can decouple Ppre,AOU and true Ppre. 

Assuming that the Southern Ocean sea-ice extent did not increase by more than 6 degrees 

latitude north, this would introduce an additional 12 ppm uncertainty in the pCO2 

drawdown due to an increase in the biological pump efficiency, bringing the total to 

uncertainty in our pCO2 drawdown due to the change in the biological pump efficiency to 

28 ppm (Figure 14). This 12 ppm uncertainty is also included when converting global 

δ13Cpre,AOU to atmospheric pCO2 due to changes in the biological pump efficiency.  
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APPENDIX B.  SUPPLEMENTARY INFORMATION TO 

“DECREASED OF DEEP OCEAN OXYGEN AND PHOSPHATE IN 

THE SOUTH PACIFIC DURING THE LAST GLACIAL 

MAXIMUM” 

Table 5 - Summary of Globobulimina spp. data used for the updated Δδ13C – O2 paleo-

oxygen proxy. 

Core Name 
latitude 
(deg N) 

longitude 
(deg E) 

Depth 
(meters) 

Globobulimina 
spp.  d13C (%.) 

Globobulimina 
spp. d13C error 
(%.) # of specimen reference  

RS67-GC27 -38.64 141.18 366 -0.30 0.10 4 This study 

RS67-GC13 -38.46 140.17 2525 -1.95 0.10 4 This study 

V29-140 -3.12 -9.32 719 -0.66 0.24 3 This study 

V19-258 -20.40 11.62 965 -1.09 0.18 3 This study 

V19-259 -19.87 11.03 1170 -1.07 0.09 3 This study 

GeoB9512 15.34 -17.37 795 -0.36 0.07 5 This study 

51JPC 24.40 -83.22 198 -0.17 0.07 5 This study 

48JPC 24.40 -83.23 247 -0.15 0.06 5 This study 

105JPC 24.57 -79.24 304 -0.09 N/A 1 This study 

106JPC 24.57 -79.24 354 -0.21 0.12 5 This study 

59JPC 22.05 -22.09 358 -0.41 0.17 5 This study 

113JPC 24.65 -79.24 402 0.10 N/A 1 This study 

135JPC 24.84 -79.22 446 0.10 0.19 5 This study 

127JPC 24.77 -79.28 631 0.09 0.02 5 This study 

27GCC 24.32 -83.26 598 -0.50 0.06 5 This study 

1GGC 24.39 -83.34 446 -0.53 0.13 5 This study 

V19-28 2.87 -87.75 2246 -1.50 N/A 1 This study 

ODP 846 -3.09 -90.8 3295 -1.75 N/A N/A 
Jacobel et al. 
2020 

ODP 1240 0.02 -86.5 2921 -1.94 N/A N/A 
Jacobel et al. 
2020 

TR163-23 0.41 -92.2 2730 -1.62 N/A N/A 
Umling et al. 
2018 
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Table 5 – Continued. 

TR163-25 -1.65 -88.5 2650 -1.55 N/A N/A 
Hoogakker et al. 
2018 

ODP 1242 7.86 -83.6 1364 -0.72 N/A N/A 
Hoogakker et al. 
2016 

RAPID 11 
7B/RAPID 13 
9B 62.3 -17.2 2126 -1.84 N/A N/A 

Hoogakker et al. 
2016 

GeoB3706 -22.7 12.6 1313 -1.15 N/A N/A 
Mackensen and 
Licari, 2004 

GeoB3708 -21.1 11.8 1283 -1.27 N/A N/A 
Mackensen and 
Licari, 2004 

GeoB3725 -23.3 12.4 1980 -1.3 N/A N/A 
Mackensen and 
Licari, 2004 

GeoB3004 14.6 52.9 1803 -1.01 N/A N/A 

Schmiedl and 
Mackensen, 
2006 

GeoB3606-1 -25.5 13.1 1785 -1.4 N/A N/A 
Mckay et al. 
2016 

KNR197-3-
41MC 8.38 -53.1 2052 -1.46 N/A N/A Lu et al. 2023 

KNR197-3-
37MC 8.43 -52.8 2440 -1.51 N/A N/A Lu et al. 2023 

KNR197-3-
35MC 8.47 -52.8 3328 -1.66 N/A N/A Lu et al. 2023 

 

Table 6 - Summary of C. wuellerstorfi or P. ariminensis data used for the updated 

Δδ13C – O2 paleo-oxygen proxy  

Core 

Name 

latitude 

(deg N) 

longitude 

(deg E) 

Depth 

(meters) 

C. 

wuellerstorfi/P. 

ariminensis 

d13C (%.) 

d13C 

error  

(%.) #  of specimen 

Which 

specimen? reference 

RS67-

GC27 -38.64 141.18 366 1.59 0.04 2 

C. 

wuellerstorfi 

Lynch-

Stiegltiz et 

al. 1994 

RS67-

GC13 -38.46 140.17 2525 0.24 N/A 1 

C. 

wuellerstorfi 

Lynch-
Stiegltiz et 

al. 1994 

V29-140 -3.12 -9.32 719 0.70 0.07 5 

C. 

wuellerstorfi 

and P. 
ariminensis 

Lynch-

Stiegltiz et 
al. 2006 

V19-258 -20.40 11.62 965 0.63 0.01 2 

C. 

wuellerstorfi 

Lynch-

Stiegltiz et 

al. 2006 

V19-259 -19.87 11.03 1170 0.63 0.05 2 

C. 

wuellerstorfi 

Lynch-
Stiegltiz et 

al. 2006 

GeoB9512 15.34 -17.37 795 0.91 0.10 3 

C. 

wuellerstorfi 

Lynch-

Stiegltiz et 

al. 2006 
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Table 6 – Continued. 

51JPC 24.40 -83.22 198 1.30 0.05 3 

P. 

ariminensis This study 

48JPC 24.40 -83.23 247 1.40 0.04 4 

P. 

ariminensis This study 

105JPC 24.57 -79.24 304 1.52 0.02 2 

P. 

ariminensis This study 

106JPC 24.57 -79.24 354 1.52 0.01 2 

P. 

ariminensis This study 

59JPC 22.05 -22.09 358 1.22 N/A 1 

P. 

ariminensis This study 

113JPC 24.65 -79.24 402 1.20 0.03 2 

P. 

ariminensis This study 

135JPC 24.84 -79.22 446 1.30 0.03 2 

P. 

ariminensis This study 

127JPC 24.77 -79.28 631 1.35 0.03 1 

P. 

ariminensis This study 

27GCC 24.32 -83.26 598 1.28 N/A 4 

P. 

ariminensis This study 

1GGC 24.39 -83.34 446 1.32 0.04 2 

P. 

ariminensis This study 

V19-28 2.87 -87.75 2246 0.13 0.02 3 

C. 

wuellerstorfi This study 

ODP 846 -3.09 -90.82 3295 -0.14 N/A N/A 

C. 

wuellerstorfi 

Jacobel et 

al. 2020 

ODP 1240 0.02 -86.46 2921 0.22 N/A N/A 

C. 

wuellerstorfi 

Jacobel et 

al. 2020 

TR163-23 0.41 -92.16 2730 0.16 N/A N/A 

C. 

wuellerstorfi 

Umling et 

al. 2018 

TR163-25 -1.65 -88.45 2650 0.14 N/A N/A 

C. 

wuellerstorfi 

Hoogakker 

et al. 2018 

ODP 1242 7.86 -83.61 1364 0.36 N/A N/A 

C. 

wuellerstorfi 

Hoogakker 

et al. 2016 

RAPID 11 

7B/RAPID 

13 9B 62.3 -17.15 2126 1.29 N/A N/A 

C. 

wuellerstorfi 

Hoogakker 

et al. 2016 

GeoB3706 -22.7 12.6 1313 0.64 N/A N/A 

C. 

wuellerstorfi 

Mackensen 

and Licari, 

2004 
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Table 6 – Continued. 

GeoB3708 -21.1 11.8 1283 0.48 N/A N/A 

C. 

wuellerstorfi 

Mackensen 

and Licari, 

2004 

GeoB3725 -23.3 12.4 1980 0.6 N/A N/A 
C. 
wuellerstorfi 

Mackensen 

and Licari, 
2004 

GeoB3004 14.6 52.9 1803 0.5 N/A N/A 

C. 

wuellerstorfi 

Schmiedl 

and 

Mackensen, 

2006 

GeoB3606-

1 -25.47 13.08 1785 0.5 N/A N/A 

C. 

wuellerstorfi 

Mckay et 

al. 2016 

KNR197-

3-41MC 8.38 -53.05 2052 1.14 N/A N/A 

C. 

wuellerstorfi 

Costa et al. 

2023 

KNR197-

3-37MC 8.43 -52.79 2440 1.39 N/A N/A 

C. 

wuellerstorfi 

Costa et al. 

2023 

KNR197-

3-35MC 8.47 -52.79 3328 1.17 N/A N/A 

C. 

wuellerstorfi 

Costa et al. 

2023 
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Table 7 - Summary of data for the updated Δδ13C – O2 paleo-oxygen proxy. Δδ13C is 

the difference in δ13C between Globobulimina spp. (Table 5) and C. wuellerstorfi/P. 

ariminensis  (Table 6). 

Core Name 

latitude 

(deg N) 

longitude 

(deg E) 

Depth 

(meters) 

Δd13C 

(%.) 

Δd13C 

error 

(%.) 

O2 

Estimate 

(umol/kg) 

Source of  

O2 

Estimate?  

RS67-GC27 -38.64 141.18 366 1.89 0.10 240 WOA13 

RS67-GC13 -38.46 140.17 2525 2.19 N/A 180 WOA13 

V29-140 -3.12 -9.32 719 1.36 0.25 134 WOA13 

V19-258 -20.40 11.62 965 1.72 0.18 139 WOA13 

V19-259 -19.87 11.03 1170 1.69 0.11 174 WOA13 

GeoB9512 15.34 -17.37 795 1.27 0.12 90 WOA13 

51JPC 24.40 -83.22 198 1.47 0.09 159 WOA13 

48JPC 24.40 -83.23 247 1.54 0.07 139 WOA13 

105JPC 24.57 -79.24 304 1.61 N/A 155 WOA13 

106JPC 24.57 -79.24 354 1.74 0.12 180 WOA13 

59JPC 22.05 -22.09 358 1.63 N/A 127 WOA13 

113JPC 24.65 -79.24 402 1.10 N/A 166 WOA13 

135JPC 24.84 -79.22 446 1.20 0.20 155 WOA13 

127JPC 24.77 -79.28 631 1.25 0.04 128 WOA13 

27GCC 24.32 -83.26 598 1.79 N/A 131 WOA13 

1GGC 24.39 -83.34 446 1.85 0.14 194 WOA13 

V19-28 2.87 -87.75 2246 1.63 N/A 132.6 WOA13 

ODP 846 -3.09 -90.8 3295 1.61 N/A 140 WOA13 

ODP 1240 0.02 -86.5 2921 2.16 N/A 128 WOA13 

TR163-23 0.41 -92.2 2730 1.78 N/A 121 WOA13 

TR163-25 -1.65 -88.5 2650 1.69 N/A 122 WOA13 

ODP 1242 7.86 -83.6 1364 1.08 N/A 102 WOA13 

RAPID 11 7B/RAPID 13 9B 62.3 -17.2 2126 3.13 N/A 293 WOA13 

GeoB3706 -22.7 12.6 1313 1.79 N/A 182 WOA13 

GeoB3708 -21.1 11.8 1283 1.75 N/A 180 WOA13 

GeoB3725 -23.3 12.4 1980 1.90 N/A 221 WOA13 

GeoB3004 14.6 52.9 1803 1.51 N/A 147 WOA13 

GeoB3606-1 -25.5 13.1 1785 1.90 N/A 210 WOA13 
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Table 7 – Continued. 

KNR197-3-41MC 8.38 -53.1 2052 2.60 N/A 252 WOA13 

KNR197-3-37MC 8.43 -52.8 2440 2.90 N/A 254 WOA13 

KNR197-3-35MC 8.47 -52.8 3328 2.83 N/A 257 WOA13 

 

 Table 8 - Summary of oxygen reconstruction in the South Indo-Pacific. “H” 

represent late Holocene. “LGM” represents the Last Glacial Maximum. “n” 

represents the number of specimens for a given Holocene or LGM estimate. 

“delta_d13C” represents ∆𝜹𝟏𝟑𝑪. Modern O2 estimates are from WOA13.  

  C. wuellerstorfi 

Core Depth H_avg H_stderr H_n LGM_avg LGM_stderr LGM_n 

RS67-
GC27 506 1.61 0.02 6 1.91 0.01 3 
RS78-
GC18 814 N/A N/A N/A 1.25 0.00 2 

SO36-7 1225 N/A N/A N/A 0.66 N/A 1 
RS67-
GC52 1145 N/A N/A N/A 0.63 N/A 1 
RS67-
GC3 1476 N/A N/A N/A 0.49 N/A 1 
RS67-
GC16 1650 N/A N/A N/A 0.21 N/A 1 

V18-222 1900 N/A N/A N/A -0.39 0.09 5 
RS67-
GC13 2525 0.16 0.12 2 -0.22 0.03 4 

  G. affinis 

Core Depth H_avg H_stderr H_n LGM_avg LGM_stderr LGM_n 

RS67-
GC27 506 -0.32 0.04 5 -0.81 0.24 4 

RS78-
GC18 814 N/A N/A N/A -1.35 0.05 4 

SO36-7 1225 N/A N/A N/A -1.04 0.03 2 

RS67-
GC52 1145 N/A N/A N/A -1.51 0.05 5 

RS67-
GC3 1476 N/A N/A N/A -1.23 0.03 3 

RS67-
GC16 1650 N/A N/A N/A -1.25 0.10 10 
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Table 8 – Continued. 

V18-222 1900 N/A N/A N/A -1.56 0.08 16 

RS67-
GC13 2525 -2.03 0.10 2 -1.59 0.07 9 

  delta_d13C   

Core Depth H H_stderr LGM LGM_stderr   

RS67-
GC27 506 1.61 0.02 1.91 0.01   
RS78-
GC18 814 N/A N/A 1.25 0.00   

SO36-7 1225 N/A N/A 0.66 N/A   
RS67-
GC52 1145 N/A N/A 0.63 N/A   
RS67-
GC3 1476 N/A N/A 0.49 N/A   
RS67-
GC16 1650 N/A N/A 0.21 N/A   

V18-222 1900 N/A N/A 0.39 0.09   
RS67-
GC13 2525 0.16 0.12 0.22 0.03   

Core Depth 
Modern_O2 
(umol/kg) 

H_Recon_O2 
(umol/kg) 

LGM_Reconstructed_O2 
(umol/kg)    

RS67-
GC27 506 240.00 146.19 184.21    
RS78-
GC18 814 207.83 N/A 100.94    

SO36-7 1225 193.45 N/A 27.50    
RS67-
GC52 1145 190.40 N/A 24.24    
RS67-
GC3 1476 173.41 N/A 6.25    
RS67-
GC16 1650 160.77 N/A -28.50    

V18-222 1900 159.47 N/A -6.16    
RS67-
GC13 2525 178.64 -35.31 -27.50    
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Table 9 - Summary of LGM preformed phosphate reconstructions in EEP and South 

Indo-Pacific. “O2_recon” are the LGM oxygen reconstructions. “Temp” is 

temperature estimates from WOA13 subtracted by 2.5 deg C to address a plausible 

decrease in temperature for the LGM (Bereiter et al., 2018). “Sal” is salinity estimates 

from WOA13 added by 1 g/kg to address plausible increase in salinity for the LGM 

(Adkins, 2002). “O2,sat” is the oxygen saturation determined from the temperature 

and salinity estimates. “Cd_sw” is the Cadmium of seawater estimates from their 

respective sources. “P” is the phosphate estimate from the “Cd_sw”. “P_pre_AOU” 

is the preformed phosphate estimate. “err” represents the variables respective 1-

sigma error.  

 Depth O2_recon O2_recon error   

South Indo-Pacific         

RS67-GC27 506 285.89 30   

RS67-GC18 814 269.13 30   

SO36-SL7 1085 157.44 30   

RS67-GC16 1650 128.31 30   

RS67-GC13 2525 116.15 30   
Eastern Equatorial 
Pacific          

TR163-2 1620 56.21 30   

TR163-18 2030 702 30   

TR163-25 2650 55 30   

TR163-20B 3200 55 30   

  Depth Temp Temp Error 
Temp 
Source  

South Indo-Pacific         
RS67-GC27 506 11.2 2.5 WOA13  
RS67-GC18 814 9.54 2.5 WOA13  
SO36-SL7 1085 3.52 2.5 WOA13  
RS67-GC16 1650 1.78 2.5 WOA13  
RS67-GC13 2525 0.83 2.5 WOA13  
Eastern Equatorial 
Pacific          
TR163-2 1620 0.29 2.5 WOA13  
TR163-18 2030 -0.22 2.5 WOA13  
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Table 9 – Continued. 

TR163-25 2650 -0.50 2.5 WOA13  
TR163-20B 3200 -1.00 2.5 WOA13  

  Depth Sal Sal error 
Sal 
Source  

South Indo-Pacific          
RS67-GC27 506 37.1 0.6 WOA13  
RS67-GC18 814 36.3 0.6 WOA13  
SO36-SL7 1085 36.1 0.6 WOA13  
RS67-GC16 1650 36.0 0.6 WOA13  
RS67-GC13 2525 36.0 0.6 WOA13  
Eastern Equatorial 
Pacific          
TR163-2 1620 35.6 0.6 WOA13  
TR163-18 2030 35.6 0.6 WOA13  
TR163-25 2650 35.7 0.6 WOA13  
TR163-20B 3200 35.7 0.6 WOA13  
  Depth O2,sat    

South Indo-Pacific        

RS67-GC27 506 253.1    

RS67-GC18 814 274.8    

SO36-SL7 1085 316.1    

RS67-GC16 1650 330.4    

RS67-GC13 2525 335.7    
Eastern Equatorial 
Pacific         

TR163-2 1620 325.6    

TR163-18 2030 344.7    

TR163-25 2650 351.3    

TR163-20B 3200 355.0    
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Table 9 – Continued. 

  Depth Cd_sw Cd source P P_err 

South Indo-Pacific           

RS67-GC27 506 0.2 
Lynch-Stieglitz et al. 
1996 1.09 0.3 

RS67-GC18 814 0.6 
Lynch-Stieglitz et al. 
1996 2.17 0.3 

SO36-SL7 1085 0.9 
Lynch-Stieglitz et al. 
1996 2.81 0.3 

RS67-GC16 1650 0.8 
Lynch-Stieglitz et al. 
1996 2.63 0.3 

RS67-GC13 2525 0.5 
Lynch-Stieglitz et al. 
1996 1.91 0.3 

Eastern Equatorial 
Pacific          

TR163-2 1620 1.3 Umling et al. 2018 3.46 0.3 

TR163-18 2030 0.8 Umling et al. 2018 2.62 0.3 

TR163-25 2650 0.7 Umling et al. 2018 2.39 0.3 

TR163-20B 3200 0.7 Umling et al. 2018 2.50 0.3 

  Depth P_pre_AOU P_pre_AOU_err   

South Indo-Pacific         

RS67-GC27 506 2.60 0.34   

RS67-GC18 814 2.14 0.34   

SO36-SL7 1085 1.88 0.34   

RS67-GC16 1650 1.44 0.34   

RS67-GC13 2525 0.61 0.34   
Eastern Equatorial 
Pacific          

TR163-2 1620 1.88 0.34   

TR163-18 2030 4.72 0.34   

TR163-25 2650 0.64 0.34   

TR163-20B 3200 0.73 0.34   
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APPENDIX C.  SUPPLEMENTARY INFORMATION TO “LAST 

GLACIAL MAXIMUM CHANGES IN THE SOUTHEAST 

ATLANTIC OXYGEN MINIMUM ZONE” 

 

Table 10 - Summary of oxygen reconstruction for V29-140. 

Core: 

V29-

140 Globobulimina spp. P. ariminensis 

  

Depth 

(cm) 

# of 

foram. 

δ18O 

(permille) 

δ13C 

(permille) 

# of 

foram. 

δ18O 

(permille) 

δ13C 

(permille) 

Δδ13C 

(permille) 

O2 

(µmol/kg) 

5 0 N/A N/A 5 2.91 0.44 N/A N/A 

15 1 2.86 -0.12 5 2.83 0.76 0.88 54.69 

19 1 4.12 -0.18 3 2.36 0.58 0.76 39.69 

25 0 N/A N/A 5 3.16 0.62 N/A N/A 

29 0 N/A N/A 3 3.1 0.55 N/A N/A 
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Table 10 – Continued. 

35 1 3.05 -0.41 5 2.87 0.57 0.98 67.19 

39 1 3.66 -0.07 3 2.88 0.68 0.75 38.45 

45 5 3.60 -0.62 5 3 0.72 1.34 112.64 

49 2 4.32 -0.84 3 3.18 0.58 1.42 121.95 

56 1 3.91 -0.60 5 2.97 0.58 1.18 93.06 

59 1 3.43 -0.32 3 3.01 0.68 1.00 70.58 

65 3 4.14 -1.55 2 3.2 0.29 1.84 174.42 

69 0 N/A N/A 2 3 0.48 N/A N/A 

75 0 N/A N/A 5 3.03 0.55 N/A N/A 

79 1 4.40 -1.39 4 3.12 0.49 1.88 180.28 

99 0 N/A N/A 1 3.07 0.63 N/A N/A 
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Table 11 -  Summary of oxygen reconstruction for V19-258. 

Core: 

V19-

258 Globobulimina spp. C. wuellerstorfi 

  

Depth 

(cm) 

# of 

foram. 

δ18O 

(permille) 

δ13C 

(permille) 

# of 

foram. 

δ18O 

(permille) 

δ13C 

(permille) 

Δδ13C 

(permille) 

O2 

(µmol/kg) 

2 1 2.95 -1.12 0 N/A N/A N/A N/A 

7 3 3.26 -1.15 0 N/A N/A N/A N/A 

8.5 1 3.22 0.64 0 N/A N/A N/A N/A 

11 5 3.16 -1.11 0 N/A N/A N/A N/A 

16 1 3.16 -0.95 0 N/A N/A N/A N/A 

17 1 3.00 -1.47 3 2.46 0.62 2.09 205.96 

21 1 3.12 -1.22 0 N/A N/A N/A N/A 

24 3 3.01 -0.65 2 2.15 0.63 1.28 105.62 

37 1 3.29 -1.04 3 2.36 0.53 1.57 141.33 

47 3 3.23 -0.90 2 2.22 0.57 1.47 128.58 

49 1 2.91 0.76 0 N/A N/A N/A N/A 

55 6 3.47 -1.00 3 2.37 0.42 1.42 122.55 

56 1 3.56 -0.61 0 N/A N/A N/A N/A 

65 8 3.72 -0.62 2 2.86 0.33 0.95 63.88 
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Table 11 – Continued. 

76 7 3.99 -1.04 2 2.81 0.28 1.32 109.53 

86 4 4.17 -0.89 0 N/A N/A N/A N/A 

91 0 N/A N/A 2 2.77 0.51 N/A N/A 

96 1 3.45 -0.82 2 2.51 0.29 1.11 84.00 

101 0 N/A N/A 3 3.42 0.50 N/A N/A 

126 2 4.54 -0.46 0 N/A N/A N/A N/A 

132 0 N/A N/A 1 3.40 0.57 N/A N/A 

141 0 N/A N/A 1 3.00 -0.02 N/A N/A 

152 1 4.35 -0.77 2 3.42 0.55 1.32 110.45 

211 0 N/A N/A 1 3.33 0.61 N/A N/A 

221 0 N/A N/A 1 3.17 0.33 N/A N/A 
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Table 12 -Summary of oxygen reconstruction for V19-259. 

Core: 

V19-259 

Globobulimina spp.  C. wuellerstorfi    

Depth 

(cm) 

# of 

foram. 

δ18O 

(permille

) 

δ13C 

(permille

) 

# of 

foram. 

δ18O 

(permille

) 

δ13C 

(permille

) 

Δδ13C 

(permille

) 

O2 

(µmol/kg

) 

7.5 4 3.26 -1.02 0 N/A N/A N/A N/A 

13 5 3.24 -1.03 2 2.43 0.55 1.58 142.48 

18.5 0 N/A N/A 1 2.54 0.7 N/A N/A 

24.5 4 3.13 -1.21 0 N/A N/A N/A N/A 

28.5 5 3.80 -0.95 0 N/A N/A N/A N/A 

33.5 1 3.33 -1.14 3 2.73 0.59 1.73 161.23 

36.5 0 N/A N/A 3 3.01 0.47 N/A N/A 

45 3 3.77 -0.86 2 2.54 0.49 1.35 114.31 

55 5 3.72 -1.04 2 2.53 0.56 1.60 145.10 
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Table 12 – Continued. 

61.5 2 4.31 -0.78 3 3.05 0.12 0.90 57.10 

66 5 4.19 -1.31 1 3.23 0.25 1.56 139.58 

71 0 N/A N/A 2 3.25 0.3 N/A N/A 

76 0 N/A N/A 2 3.25 0.25 N/A N/A 

82.5 0 N/A N/A 2 3.4 0.44 N/A N/A 

85 0 N/A N/A 3 3.36 0.51 N/A N/A 

89.5 0 N/A N/A 2 3.31 0.5 N/A N/A 

93.5 2 4.92 -0.34 0 N/A N/A N/A N/A 

98.5 1 4.41 -0.53 0 N/A N/A N/A N/A 

113.5 0 N/A N/A 3 3.61 0.43 N/A N/A 
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